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Strasbourg - Université de Strasbourg 2Department of Geography, Texas State
University 3UTIG - Department of Geological Sciences - University of Texas at
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Keypoints

• Mafic underplating of the crust generally prevents rifting of overlying
weaknesses

• The North Atlantic and Alpine Tethys rifts avoided the underplated
Variscan domain in W-Europe

Abstract

Orogenesis in the Variscan belt of Western Europe was followed by a

major magmatic event during the Permian that formed a mafic lower

crust by crystallising pyroxenite and gabbros from mantle-derived melts

at the base of the continental crust. Partial melting of the asthenosphere

left a significantly depleted mantle that was progressively incorporated

into the subcontinental lithospheric mantle as the orogenic domain

cooled. The potential impact of such large-scale thermal and lithologic

layering has never been taken into account in the study of the Alpine

Tethys and North Atlantic rift systems that developed subsequently in

Western Europe. Here we investigate via numerical modeling how a

mafic heterogeneity within the lowermost part of a quartzo-feldspathic
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continental crust and/or a zone of depleted mantle within the

lithospheric mantle beneath a former orogenic domain could have

influenced subsequent rifting. Our numerical modeling results indicate

that, in a thermally equilibrated lithosphere, a mafic body within the

lower continental crust or a zone of shallow depleted mantle prevents

rifting of overlying weaknesses (e.g. faults, suture zones). We propose

that the regional mafic lower crust beneath the Variscan orogenic

domain may explain why the Tethyan and southern North-Atlantic rift

systems did not localize at former suture zones of the Western European

orogenic lithosphere.

1 Introduction

When studying rifting, numerical modelers usually assume that the lithosphere

is comprised of layers with horizontally homogeneous physical properties (e.g.

Lavier and Manatschal, 2006; Huismans and Beaumont, 2011; Brune et al.,

2014). However, orogenic processes are characterized by pervasive and

long-lasting structural and compositional heterogeneities such as suture zones,

faults/shear zones and magmatic additions in both the crust and the

subcontinental lithospheric mantle (e.g. Manatschal et al., 2015). Inherited

heterogeneities may represent zones of either increased strength or weaknesses.

For instance, faults may be more prone to deformation compared to

unaltered/undeformed surrounding material (e.g. Holdsworth et al., 1997).

Suture zones are largely comprised of weak, hydrated materials (e.g.

serpentinite, hyaloclastites, sediments; see Hall (1976); Haynes and McQuillan

(1974)). Mafic intrusions may represent a thermally weakened region in the

early stages of their emplacement but become strong heterogeneities once they

have cooled (Krabbendam, 2001).

Because rift location tends to take advantage of inherited weaknesses (e.g.

Sykes, 1978; Dunbar and Sawyer, 1989), rifts usually localize along former

orogenic belts (Wilson, 1966; Audet and Bürgmann, 2011), as is the case for

the northern North Atlantic, where extension tends to follow the sutures or

fold-and-thrust belts of the Caledonian orogen of Norway–Greenland (Wilson

(1966); Figure 1a). However, the Alpine Tethys and southern North Atlantic

rift systems are striking counterexamples where both avoided the core of the

Variscan orogen to the southeast and to the west, respectively (Figure 1b;

Chenin et al. (2015); Frizon de Lamotte et al. (2011)).
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One major characteristic feature of the Western European lithosphere is the

existence of widespread magmatic intrusions and underplating of the

continental crust (Figures 1c and d; Bois et al. (1989); Rey (1993); Schuster

and Stüwe (2008)), which occurred during late stages and after the orogenic

collapse of the Variscan orogen (Petri et al., 2017). In contrast, the continental

margins of Norway and Greenland do not show evidence for pre-rift

underplating, and no significant post-orogenic magmatic activity is recorded

north of the Elbe lineament during Permian times (Figure 1c; Meissner, 1999;

Fossen et al., 2014).

The effects of a continuous strong lower crust have largely been investigated

with numerical models (e.g. Huismans and Beaumont, 2007; Nagel and Buck,

2007; Huismans and Beaumont, 2011), including the impact of multiple

continuous strong layers within both the upper and lower crust (Duretz et al.,

2016). However, the impact of a discontinuous strong lower crust or locally

strong heterogeneities has been largely overlooked in numerical models. An

exception is the recent study by Petri et al. (2019), where the authors

investigate the behavior of a heterogeneous lithosphere comprising both

regions of increased and decreased rheological strength during extension. This

study indicates that strong heterogeneities tend to remain little deformed

during extension as they are laterally extracted from the rift center along

high-strain shear zones that form within the encompassing weaker material.

An analog modeling study was undertaken by Cappelletti et al. (2013) to

investigate the effect of local/discontinuous lithospheric strong heterogeneities.

Their experiments show that deformation tends to avoid and bypass strong

lower crustal bodies and that both upper crust and mantle deformation tend

to focus at the edges of such strong bodies.

In this study, we investigate with numerical modeling how magmatic

underplating of the continental crust and associated mantle depletion may

impact the style of subsequent extensional events. We design numerical

models to compare the evolution of orogenic lithospheres with various

distributions of crustal underplate and mantle depletion using different

geothermal gradients. We discuss the results in light of the Alpine Tethys and

North-Atlantic rift systems, whose pre-rift orogenic lithospheres and rifting

histories have been extensively studied.
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Figure 1: a) Extent of the Caledonian and Variscan orogenic domains and
location of breakup-related magmatic additions in the North Atlantic region
(Chenin et al. (2015); background map from Haxby et al. (2010)). b) Paleo-
geographic restoration of Western Europe during the late Paleozoic (modified
from Simancas et al., 2005) showing the location of the Caledonian (green) and
Variscan (red) sutures, as well as the location of the future Pangea breakout; B-
NPF: Biscay–North Pyrenean fault from Arthaud and Matte (1977). c) Major
orogenic structures in Western Europe; the green and red striped region records
both the Caledonian and Variscan orogenies; sutures and deformation fronts
are from Ziegler and Dèzes (2006); the hatched area represents the rough ex-
tent of post-orogenic underplating deduced from both the strongly reflective and
layered lower crust observed on seismic sections (white lines; from Rey (1993)
and Banda et al. (1993)) and from gabbro and granulites outcrops or xenoliths
(violet dots from Petri et al. (2017)). d) Interpreted seismic section through
the Variscan orogenic area (from Bois et al. (1989); see map for location); VT:
Variscan Thrust; VF: Variscan Front; the brown shading highlights the layered
and highly reflective lower crust that is interpreted as either magmatic under-
plate or granulite-facies metamorphosed rocks.
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2 Geological setting

2.1 Orogenic Collapse in Western Europe

Following the termination of the Paleozoic convergence in Western Europe, the

Caledonian and Variscan orogens collapsed (Dewey, 1988; Burg et al., 1994,

and references therein). Gravitational re-equilibration of the over-thickened

lithosphere was achieved via the formation of normal faults, extensional

detachment faults and ductile shear zones in upper- to mid-crustal levels

(Andersen, 1998, and references therein) and by ductile flow of the thermally

weakened lower crust at deeper levels (Rey et al., 2001).

Regional post-orogenic magmatism and underplating is recorded during the

Devonian around 390–400 Ma in the Caledonian domain of northern Scotland

and Ireland (Atherton and Ghani, 2002). This magmatic event is interpreted

to be a consequence of the Iapetus slab breakoff during/after continental

collision, which induced partial melting of the subcontinental lithospheric

mantle and lower continental crust (Atherton and Ghani, 2002; Neilson et al.,

2009). In contrast, the orogenic collapse of the Scandinavian Caledonides was

largely devoid of magmatic activity (Meissner, 1999; Fossen et al., 2014).

The collapse of the Variscan orogen of Western Europe was followed by a

major magmatic event that affected most of the orogenic lithosphere. This

magmatic event was manifested from late- to post-orogenic magmatism and

high temperature regional metamorphism in Iberia, France, southern Britain,

Central and Western Alps, the Bohemian Massif, Corsica–Sardinia and the

Ivrea zone in Northern Italy from late Carboniferous to Permian time (e.g.

Schaltegger and Corfu, 1995; Buzzi and Gaggero, 2008; Rosas et al., 2008;

Timmerman et al., 2009; Petri et al., 2017; Augier et al., 2015; Rossi et al.,

2015; Vavra et al., 1996, Figure 1c). The melts were essentially sourced by the

partial melting of the underlying asthenospheric mantle (Costa and Rey, 1995;

Rampone et al., 1996) such that the underplated area is largely underlain by

zones of depleted mantle (Müntener et al., 2004; McCarthy and Müntener,

2015; Picazo et al., 2016). Partial melting of the asthenospheric source

occurred in the spinel and garnet stability fields, which suggests melting

depths between 40–70 km (McCarthy and Müntener, 2015; Picazo et al., 2016).

2.2 Architecture of the European Lithosphere

Bois et al. (1989) and Rey (1993) observed that, in the Variscan domain of
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Western Europe, the continental crust is usually characterized by a layered

and highly reflective lower crust of 2 to 4.5 s TWT thickness on seismic

sections (Figures 1c and d). These authors interpreted the layered reflective

lower crust as magmatic underplating and/or granulite-facies metamorphism

of the continental crust. Assuming a crustal seismic velocity of 6 km.s−1, the

thickness of this layer would range between 6 and 13 km. This thickness

estimate is consistent with field observations by Fountain (1976), who

estimated the Permian mafic lower crust that crops out in the Ivrea zone to be

approximately 8 km thick.

The large extent of the underplating event is well recognized in the Variscan

domain of central and southern Western Europe, characterized by a significant

amount of evidence suggests the existence of a widespread mafic lower crust of

Permian age. Evidence for this crust includes include mafic lower crust

outcrops and xenoliths, widespread magmatic intrusions of Permian age in the

upper- and middle-crust (Schaltegger and Corfu, 1995; Meissner, 1999;

Schuster and Stüwe, 2008) and numerous seismic sections showing a layered

and highly reflective lower crust over a length of more than 100 km (Bois

et al., 1989; Rey, 1993, Figures 1c and d).

The extent of the Variscan mafic underplate is less well-constrained in Britain

due to both the lack of outcrop or xenoliths and the overprint by magmatic

additions related to the younger North-Atlantic breakup. Seismic sections

show a layered and highly reflective lower crust at least up to the Iapetus

Suture (Bois et al., 1989).

North of the Iapetus suture, widespread plutons of Devonian age crop out in

northern Scotland and Ireland (Atherton and Ghani, 2002). Although this

late- to post-Caledonian magmatic activity was much less extensive than that

in the Variscan domain and the source of the melt was shallower (lower crust

to subcontinental lithospheric mantle according to Neilson et al., 2009), it has

presumably underplated the lower continental crust and depleted the

shallowest part of the subcontinental lithospheric mantle on a regional scale.

The reflective lower crust visible on seismic sections in northern Scotland and

Ireland (e.g. DRUM seismic line of the BIRPS Atlas) can be explained either

by this late-Caledonian magmatic event, or by the early Eocene magmatic

event related to North Atlantic breakup.

Despite the large-scale extent of the Permian magmatic event in the Variscan

domain, underplating is presumably discontinuous and increasingly so away

from the orogen center.
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By Permian time, the thick (> 50–60 km) Variscan crust was most likely

thinned to about 30–35 km across Western Europe and the lithosphere was

thermally and isostatically equilibrated by late Triassic (Müntener et al.,

2000). Progressive cooling of the post-orogenic lithosphere led to the

incorporation of depleted mantle zones, which belonged formerly to the

asthenosphere, into the lithospheric mantle. By Jurassic time, the geothermal

gradient was still relatively high in the Variscan orogenic area, with a Moho

temperature of ∼ 550–650 ◦C (Müntener et al., 2000), while it ranged between

350–500 ◦C in the older Caledonian orogenic domain (Čermák and Bodri,

1986).

A first-order approximation of the architecture of a ‘classical’ orogenic

lithosphere that did not experience a massive post-orogenic magmatic event,

(e.g. the Caledonian lithosphere of Norway–Greenland) is presented in

Figure 2a. A first-order approximation of the architecture of an orogenic

lithosphere that underwent an intense post-orogenic magmatic event with

mafic underplating of the crust (e.g. the Variscan orogenic lithosphere) is

shown in Figure 2b.

2.3 The Alpine Tethys and North Atlantic Rift Systems

During the Jurassic, about 100 My after the termination of the Variscan

orogeny, the orogenic lithosphere of Western Europe started to undergo

significant thinning related to the formation of the future Alpine Tethys and

North Atlantic ocean basins (Chenin et al., 2015, and references therein).

Whereas the rifts largely followed the Caledonian orogenic sutures and/or

former fold-and-thrust belts between Norway and Greenland (Wilson, 1966;

Erratt et al., 1999; Williamson et al., 2002), most of the Variscan orogenic

structures of Western Europe remained little affected by the later Mesozoic

rifting. The Alpine Tethys and the North Atlantic rift systems developed

instead at the southern and western edges of the underplated orogenic

lithosphere, respectively (Figures 1b and c; Frizon de Lamotte et al. (2011);

Chenin et al. (2015)).

3 Numerical Modeling Study

In this study we investigate how the first-order remnants inherited from

magmatic collapse may impact subsequent rifting, assuming various
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geothermal gradients of the lithosphere. To perform the experiments we used

an extended version of the numerical code PARAVOZ called FLAC (Fast

Lagrangian Analysis of Continua; Cundall (1989); Poliakov et al. (1993);

Lavier et al. (2000); Lavier and Manatschal (2006)) with the bi-minineralic

parametrization developed by Jammes et al. (2015); Jammes and Lavier

(2016). The brittle part of the lithosphere is modeled as an elastoplastic

material with a Mohr-Coulomb yield criterion (Lavier, 2002):

τ = C + tan (φ) σn (1)

where τ is the shear stress at yield, C the cohesion, φ the friction angle, and

σn the normal stress. To model localized faulting, materials undergo strain

weakening that decreases both their cohesion and internal angle of friction

from C1 to C2 and from φ1 to φ2 (see Table 1) until accumulated strain reaches

10%, after which they remain at C2 and φ2, respectively (Lavier et al., 2000).

To model the viscous part of the lithosphere, we use the Maxwell viscoelastic

constitutive equations. The deformation mechanism requiring the least energy

or effective stress (second invariant of stress tensor) is favored. More detailed

descriptions of the code can be found in Tan et al. (2012); Svartman Dias

et al. (2015) and Jammes and Lavier (2016).

3.1 Model Design

The model (Figure 2) consists of an initially 400 km wide by 250 km deep

continental domain extended at a constant velocity of 1 cm.yr−1 (full rate).

The horizontal spatial resolution is 1 km and the vertical resolution is 750 m

between 0 and 120 km depth, 1 km between 120 and 160 km, and 1.8 km

between 160 and 250 km.

The 30 km thick continental crust has a granitic composition made of 40%

quartz and 60% feldspar with randomly distributed (Jammes et al., 2015;

Jammes and Lavier, 2016, and Table 1 for the physical parameters

corresponding to each material). For the sake of simplicity, we model two

distinct types of mantle as homogeneous materials assuming their structural

inheritance has been essentially erased by thermal annealing associated with

grain regrowth (Yamasaki et al., 2006). This mechanism is particularly

efficient in the presence of subduction-related fluids (Aradi et al., 2017) so that

we can reasonably assume that it occurs beneath orogens. The inherited

mantle is olivine with a rheology intermediate between the dry and wet
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Figure 2: Architecture of the reference Model 1 (a) and underplated Model 2
(b). The base of the lithosphere corresponds to the isotherm 1300 ◦C (black
line). Its depth varies between 110 km in the model with a Moho temperature
of 500 ◦C and 95 km with a Moho temperature of 600 ◦C.

end-members described by Hirth and Kohlstedt (1996) to approximate the

behavior of a mantle that underwent both hydration by subduction fluids and

depletion due to arc-related partial melting. When applicable, the zone of

depleted mantle is modeled as dry olivine, which is stronger than the

‘inherited’ mantle (Figures 3a–d). The depleted mantle is slightly less dense

than the encompassing fertile mantle (3,300 compared to 3,330 kg.m−3) as

reported by Chenin et al. (2017). Note that our aim is to investigate the

impact of plausible rheological contrasts rather than to model an actual

inherited mantle flow law, which would require additional constrains from field

and geochemistry studies.

The lithosphere–asthenosphere boundary is defined as the 1300 ◦C isotherm,

which is displayed as a black line in each figure. Its initial depth varies from

110 km to 95 km depending on the geothermal gradient of the model

considered. In all models, the basal heat flow is 14 mW.m−2. The surface heat

flow is 50 mW.m−2 in models with a Moho at 500 ◦C, 60 mW.m−2 in models

with a Moho at 550 ◦C and 80 mW.m−2 in models with a Moho at 600 ◦C.

We model a former orogenic domain by one ‘suture’ and a ‘fold-and-thrust

belt’ in the model center. The suture is mimicked by a 1 km wide linear

structure dipping at 60◦ that follows the antigorite flow law from Amiguet

et al. (2014), which represents one of the weakest phases (serpentine, talc,

micas) existing in a suture zone. This ‘suture zone’ crosscuts the entire crust
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and the top 10 km of the lithospheric mantle in the reference model. Deeper,

we assume that structural inheritance has been essentially erased (Yamasaki

et al., 2006; Aradi et al., 2017). The fold-and-thrust belt is mimicked by three

linear weak zones that extend down to the brittle-ductile transition (15 km).

These ‘faults’ dip at 45◦ in the opposite direction to the suture. They have a

wet quartz rheology with reduced cohesion and angle of friction (Table 1).

We model the result of mafic underplating or granulite facies metamorphism of

the lower crust (see section 2.2) as an 8 km thick and 90 km wide body

comprised of 10% quartz and 90% feldspar at the base of the crust beneath

the orogenic domain. The 8 km thickness is a lower estimate of underplate

thickness based on both seismic interpretations by Bois et al. (1989) and Rey

(1993), and P-wave velocities and lower crust outcrops in the Ivrea Zone

(Fountain, 1976). On the seismic sections of Bois et al. (1989), the horizontal

extent of the strongly reflective lower crust is usually more than 100 km. Here

we chose arbitrarily a 90 km width to keep the model at a reasonable size with

the lithospheric heterogeneities far enough from the model edges to avoid

numerical ‘edge effects’. In models with a mafic underplate, the suture zone

terminates at the top of the underplate, as expected for the Variscan domain

(Figure 1d). Note that replacing the 10% quartz by 10% pyroxene (∼ gabbroic

composition) would result in an even stronger heterogeneity, favoring even

more delocalization of the deformation.

The underplated region is underlain by a 90 km wide by 40 km thick zone of

depleted mantle (strong dry olivine). The width of the depleted mantle is thus

similar to that of the overlying mafic body. We chose a thickness of 40 km for

the depleted mantle zone based on the estimation that beneath mid-oceanic

ridges the thickness of the depleted mantle ranges from 40 to 200 km

(Anderson, 2006), assuming that partial melting processes are comparable in

both cases. The chosen size of the depleted mantle zone is a minimum since, if

we assume that the 8 x 90 km underplated mafic body was formed as a result

of 12% partial melting of the asthenosphere, the lateral extent of a

corresponding 40 km thick depleted mantle region should be of the order of

121 km (using the densities of Table 1). As our aim is to investigate whether

underplating and/or depletion may be important in controlling the localization

of extension, we chose to study the ‘least favorable’ case. We set the initial

depth of the top of the depleted region to 60 km based on evidence for partial

melting in the spinel-garnet stability field (see section 2.2), and thus its base

to 100 km. We also test the case of a depleted mantle zone of similar size

12



located directly beneath the crust (i.e. between 30 and 70 km depth), which

would represent a former magmatic arc (see DeBari and Greene (2011) for

examples).

Note that neither the generation and migration of melts, nor the effect of

erosion or sedimentation are included in our experiments, and the rheology of

all model phases are simplified compared to nature. As a result, the absolute

values for basin depths and widths, as well as the timing of rifting should be

considered with care when compared with the history of actual rift systems.

Our reference model (Model 1; Figures 4 and 5) has a Moho temperature of

500 ◦C, one ‘suture zone’ and three ‘faults’ but is devoid of both underplate

and depleted mantle (Figure 2a). Such a model may represent the first-order

architecture of an orogenic lithosphere whose orogenic collapse lacked

extensive magmatism, as for example the Caledonides of Norway–Greenland.

We first consider a series of models (Models 2 to 6 in Figures 4 and 5) with

different distributions of crustal and mantle heterogeneities under the same

geothermal gradient as in Model 1 (Moho temperature 500 ◦C). Model 2

comprises both mafic crustal underplating and a deep (60 to 100 km) zone of

depleted mantle (Figure 2b). Model 3 has only crustal underplating. Model 4,

5 and 6 have only a zone of depleted mantle located between 60 and 100 km,

50 and 90 km and 30 and 70 km depth, respectively.

In the second series of models (Models 7 to 9 in Figures 6 and 7), we compare

models with similar lithological architectures as Model 2 (Figure 2b) but

different geothermal gradients (Figures 3b-d). In Models 2, 7 and 8, the

lithosphere is initially thermally equilibrated and the temperature of the Moho

ranges from 500 ◦C (Model 2), to 550 ◦C (Model 7) and to 600 ◦C (Model 8).

These models are used to represent cases where the time lag between the

magmatic event and the onset of rifting was sufficient for horizontal

re-equilibration of the temperature (i.e. > 100 My; Jaupart and Mareschal

(2007)). With Model 9, we investigate the case when rifting starts over a

young lithosphere that has not thermally re-equilibrated by setting the Moho

temperature to 500 ◦C and adding a 300 ◦C thermal anomaly in the

underplate (Figure 3d).
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4 Results

4.1 Influence of the rheological composition

In this section, we test the influence of strong heterogeneities within the lower

crust and/or the lithospheric mantle beneath crustal weaknesses on the

localization of deformation during extension. All models have the same initial

geothermal gradient (Moho temperature 500 ◦C).

4.1.1 Reference Model 1: No Underplating, no Depleted Mantle

In the reference Model 1, prior to 0.4 My, deformation is widely distributed

within the crust with a slightly higher strain rate at the suture zone and the

two adjacent antithetic ‘faults’ of the ‘fold-and-thrust belt’ (not shown). In

the mantle, no significant strain rate is recorded before 0.3 My, after which

deformation focusses at the suture. At 0.4 My, deformation in the crust and

mantle is essentially localized at the suture and two adjacent faults, although

some of the initial crustal shear zones remain slightly active (Figures 4 and 5).

After 1 My of extension, deformation is essentially accommodated by brittle

faulting at the suture and at the two right-hand side faults of the

fold-and-thrust belt in the uppermost 10–12 km of the crust and at the suture

in the uppermost 10–13 km of the mantle (Figure 4). In between,

anastomosing shear zones develop in the lower crust (Figure 5).

As extension progresses, two new pairs of conjugate shear zones form within

the crust to the left of the suture, while the suture zone and two right-hand

side faults are still actively deforming (Figures 4 and 5 at 2 My). All these

shear zones remain active and a new one forms to the right of the fold and

thrust belt between 3 and 4 My (Figures 4 and 5 at 4 My). By 4 My the rift

basin reaches a depth of more than 6 km. As extension continues, upwelling of

the asthenosphere focuses deformation between the suture and left-hand side

fault of the fold-and-thrust belt, while the other shear zones are progressively

abandoned. The suture is intensively deformed and becomes progressively

offset to the left of the asthenosphere upwelling. Crustal separation is achieved

after 14 My of extension, between the suture and the fold-and-thrust belt. The

margins are both ∼ 100 km wide and largely symmetrical despite the

asymmetric distribution of the inherited weaknesses. The 1300 ◦C isotherm

reaches a depth of 35 km at the end of the simulation (Figure 4).
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Figure 4: Rheological phases and plastic strain (> 0.1%) distribution in Models
1–6. Plastic strain is not shown on the last panel for better phases visualization.
The trace of the inherited ‘suture’ and ‘faults’ is redrawn above each panel. Ref.:
Reference model; Upl.: mafic underplating of the crust; DM: depleted mantle.
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Figure 5: Strain rate evolution in Models 1–6. The depleted mantle zone is
superimposed in white for location and the trace of the inherited ‘suture’ and
‘faults’ is redrawn above each panel. Ref.: Reference model; Upl.: mafic under-
plating of the crust; DM: depleted mantle.
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4.1.2 Model 2: Mafic Underplating and Depleted Mantle

In Model 2, deformation is widely distributed within the crust after 0.5 My

extension but the suture zone and adjacent faults deform with a slightly higher

strain rate than average (Figure 5). After 1 My of extension, deformation is

partitioned between the central orogenic region and a region ∼ 130 km to the

right, which we refer to as the ‘offset rift’. At this time, intense brittle

deformation occurs in the uppermost 10–12 km of the crust and in the

uppermost 10–13 km of the mantle at both locations (Figure 4). While

anastomosing shear zones are well-developed in the lower crust of the offset

rift, they are largely lacking in the central ‘underplated’ part of the model

where the proportion of feldspar over quartz is larger in the lower crust

(Figure 5).

The suture zone and adjacent faults remain actively deforming during the first

3 My of extension, forming a ∼ 1 km deep basin within the former orogenic

area. As extension progresses, the orogenic region is progressively abandoned

in favor of the offset rift. This triggers the upwelling of the underlying mantle

away from the former orogenic area, and the underlying depleted mantle

remains largely undeformed. Crustal separation occurs after ∼ 15 My of

extension in the offset basin. The margin architecture, timing of crustal

separation and depth to the 1300 ◦C isotherm at the end of the simulation are

comparable to those of Model 1.

4.1.3 Model 3: Mafic Underplating Only

The evolution of Model 3 is similar to that of Model 2 except that no

significant extension occurs at the inherited structures (Figures 4 and 5).

After 1 My of extension, a pair of conjugate brittle shear zones rooting in

well-developed lower crustal anastomosing shear zones forms ∼ 130 km to the

right of the orogenic region. Beneath, one pair of shear zones develops, leading

to upwelling of the underlying mantle and localization of the deformation in

this offset basin. Crustal separation occurs after ∼ 15 My of extension in the

offset basin. The margin architecture, timing of crustal separation and depth

to the 1300 ◦C isotherm are comparable to those of Model 1 and 2.
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4.1.4 Model 4: Depleted Mantle Only (60–100 km)

The evolution of Model 4 is similar to that of our reference Model 1 (Figures 4

and 5). During early stages of extension, a pair of conjugate shear zones forms

both in the upper crust and uppermost mantle within the orogenic area, with

well-developed lower crustal anastomosing shear zones between them. In

Model 4, the lighter depleted mantle located beneath the orogenic domain is

progressively exhumed towards the surface as the weaker overlying ‘inherited’

mantle is preferentially thinned. By 8 My, depleted mantle is juxtaposed with

relatively thick crust (> 20 km) in the central rift area. At the time of crustal

separation, the depleted mantle partially underlies parts of the hyperextended

crust but is not exhumed to the seafloor (Figure 4).

4.1.5 Model 5: Depleted Mantle Only (50–90 km)

In Model 5, the initially depleted mantle zone is located from 50 km to 90 km

depth (Figures 4 and 5). In this model, early crustal deformation is

accommodated by shear zones located at the suture zone and orogenic

weaknesses in the brittle upper crust and well-developed anastomosing shear

zones in the underlying lower crust. From 1 My onward, two pairs of

conjugate shear zones develop in the uppermost brittle mantle, one above each

edge of the depleted mantle zone. The left-hand pair of shear zones is

abandoned after ∼ 3 My of extension in favor of the right-hand pair. As

extension progresses, deformation becomes centered on the right-hand edge of

the depleted mantle zone. As a result, the rift develops 50 km to the right of

the model center and crustal separation occurs outside the ‘orogenic area’.

4.1.6 Model 6: Depleted Mantle Only (30–70 km)

When the zone of depleted mantle is initially juxtaposed against the base of

the crust as in Model 6 (Figures 4 and 5), the inherited weaknesses are

initially significantly reactivated. Anastomosing shear zones form at lower

crustal depths along the entire model. From 1 My extension onward, two pairs

of conjugate shear zones form in the uppermost mantle: one forms at the

right-hand edge of the depleted mantle zone, and a second forms 150 km to

the left of the model center. Well-developed anastomosing shear zones only

remain above these two upper mantle shear zones. Both regions remain

actively deforming during the first 2.5 My of extension. After that time,
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deformation at the right-hand side rift basin takes over while the left-hand side

basin is abandoned. Crustal separation is achieved after 15 My of extension

60 km to the right of the model center without exposure of depleted mantle to

the seafloor.

4.1.7 Interpretation

In our reference model with only inherited weaknesses (Model 1; Figure 4), the

suture is not the locus of the final crustal separation despite it having the

weakest rheology and the largest extent. Crustal separation occurs between

the suture and the adjacent ‘fold-and-thrust belt’. The reason is that

extension of the crust is at first accommodated by reactivation of the suture

and the central and right-hand side antithetic ‘faults’ of the ‘fold-and-thrust

belt’. As extension progresses, the lithosphere is thinned beneath the ‘orogenic

domain’ and the underlying asthenosphere starts rising. As this low density

upwelling mantle rises, it controls the location of extension (Huismans et al.,

2001). In natural settings, upwelling asthenosphere is likely to cause melting

by decompression, generating a vertical weakening of the lithosphere

associated with melt extraction processes (fluid pressure-induced fracturation

and heat transport), which would further increase the upwelling rate (Keller

et al., 2013; Keller and Katz, 2016).

The final rift configuration of Model 1 can be compared to the location of the

northern North Atlantic rift with respect to the suture and fold-and-thrust

belt of the Norwegian–Greenland Caledonides (Figure 1a). Note that the

evolution and final margin architecture of a comparable model where the

suture is limited to the top 22 km of the crust (i.e. equivalent to Figure 2b

without underplating and depleted mantle) is similar to that of Reference

Model 1 (see Model 10 in Appendix, Figure 8).

According to our model results, under a moderate geothermal gradient (Moho

temperature ∼ 500 ◦C), the existence of an underplated mafic body in the

lower crust or a shallow zone of depleted mantle beneath a region comprising

weak heterogeneities is likely to prevent protracted deformation of these

weaknesses during extension (Models 2, 3, 5 and 6 in Figure 4). The reason is

that the high proportion of feldspar relative to weaker quartz hampers the

development of anastomosing shear zones in the lower crust, and thus renders

linkage between crustal and mantle deformation difficult. As a consequence,

deformation will preferentially focus at weak spots generated by the random
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quartzo-feldspathic material distribution within the crust, at a place where

crustal and mantle deformation can be easily linked through lower crustal

anastomosing shear zones, even though this relatively weak spot is

significantly stronger than any of the inherited weaknesses.

Comparison of Reference Model 1 to Model 4, which comprises only a zone of

depleted mantle between 60 and 100 km depth and no underplating (Figures 4

and 5) suggests that deep (> ∼ 60 km) mantle heterogeneities have little

impact on the location, evolution and timing of rifting. This can be explained

by the small difference between the ‘inherited’ and ‘depleted’ mantle flow laws

at a depth of 60 km or higher (Figure 3a). However, comparing the early stages

of Model 2 (underplating plus depleted mantle) with Model 3 (underplating

only) in Figure 5 highlights that the existence of a depleted mantle zone has

an impact on rifting localization. Indeed, the slightly increased viscosity of the

depleted mantle zone with respect to the surrounding mantle in Model 2

(Figure 3e) slightly perturbs the stress field (not shown) beneath the orogenic

area. This allows for longer reactivation of the initial suture and faults in

Model 2 compared to Model 3. Deep mantle heterogeneities may thus act as

‘stress shades’ between the overlying crust and underlying mantle by damping

stress transmission between them due to their slightly higher viscosity.

Comparing Model 3 (mafic underplating only) to Model 6 (shallow 30–70 km

depleted mantle only; Figures 4 and 5) highlights that deformation localizes in

a different way depending on whether the strong heterogeneity is located

within the lowermost crust or uppermost mantle. The ‘suture and faults’ are

significantly reactivated in the absence of underlying mafic underplate because

deformation can be transmitted between them and the upper mantle through

a semi-brittle lower crust. In contrast, they are immediately abandoned when

the underlying lower crust is strong. In both models, crustal separation occurs

outside the orogenic area, ∼ 120 km to the right of the model center in

Model 3, similar to in Model 2 (underplating and depleted mantle between 60

and 100 km), while crustal separation occurs ∼ 60 km to the right in Model 6.

Comparing Model 5 (depleted mantle between 50 and 90 km depth) and 6

(depleted mantle between 30 and 70 km depth; Figures 4 and 5) highlights

that the location of plastic deformation is relatively similar independent on the

location of the (shallow) depleted mantle zone: in both cases, a pair of

conjugate shear zones located in the top 10–13 km of the mantle above or at

the right-hand side edge of the depleted mantle zone localize most of extension

within the mantle. This arises from the fact that heterogeneities are more
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prone to necking/localization of deformation when embedded in a stiff layer

compared to a pliable layer (Chenin and Beaumont, 2013). Here the

uppermost part of the mantle is the strongest and stiffest layer of the model,

and the second layer is the top 20 km of the crust (Figure 3a). When a mantle

heterogeneity is within or close enough to this layer (e.g. depleted mantle zone

of Model 5 or 6), extension will seed at or atop this layer. When there is no

heterogeneity within the mantle or when it is deep enough so that the

encompassing mantle is weak and ‘pliable’, as in Model 4, it will be ignored

and the heterogeneities contained in the crust will control the location of

necking. In both models, crustal separation occurs ∼ 60 km to the right of the

model center.

Our dynamic numerical modeling results are generally consistent with the

conclusions derived from the analog experiments of Cappelletti et al. (2013)

that upper mantle breaching and crust–mantle deformation linkage occurs in

an area devoid of strong lower crust. However, our models highlight that

deformation localizes at or above the upper edges of the strong heterogeneity

only when located in the shallowest part of the subcontinental lithospheric

mantle (up to ∼ 50 km depth), while it localizes further away when the strong

heterogeneity is located within the lower crust. We notice that the location of

crustal separation depends on the stiff layer that contains the heterogeneity,

consistent with the conclusions from Chenin and Beaumont (2013).

4.2 Impact of Geothermal Gradient

In the following sections, we compare Model 2 (i.e. Variscan-type architecture,

Figure 2b; Moho temperature 500◦C) with models having the same material

distributions, but varying initial geothermal gradients (see section 3.1).

4.2.1 Model 7: Moho 550 ◦C

Comparing Model 7 (Moho temperature 550 ◦C; Figures 6 and 7) with

Model 2 (Moho temperature 500 ◦C; Figures 4 and 5) highlights that orogenic

structures remain actively deforming slightly longer when the geothermal

gradient is higher (∼ 4 My in Model 7 versus 2 My in Model 2). In both

models, plastic deformation is similar in the upper crust: anastomosing shear

zones hardly form in the central (underplated) part of the model in contrast to

the adjacent lower crust. In the mantle of Model 7, high strain rates are

predicted along both vertical sides of the depleted mantle zone from 0.1 My
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Figure 6: Rheological phases and plastic strain (> 0.1%) distribution in Model
7–9. Plastic strain is not shown on the last panel for better phases visualization.
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Figure 7: Strain rate evolution in Model 7–9. The depleted mantle and weak
structures (‘suture’ and ‘fold-and-thrust belt’) are superimposed in white for
location. DM: depleted mantle; Upl.: mafic underplating of the crust; T◦anom.:
model with a mafic underplating of the crust 300 ◦C hotter than the surrounding
crust.
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extension onward, whereas high strain rates appear later (0.2 My) and are less

intense in Model 2. In Model 7, the high strain rate zone along the right-hand

side edge of the depleted mantle links with a pair of conjugate shear zones

that form in the overlying brittle part of the mantle. These upper mantle

shear zones are connected to the deformation occurring at the sites of the

initial suture and faults. As a result, the rift develops above the right-hand

side edge of the depleted mantle in a comparable way as in Model 5 (no

underplating; depleted mantle between 50 and 90 km; Figures 4 and 5).

In Model 7, crustal thinning and upwelling of the asthenospheric mantle

adjacent to the orogenic domain brings part of the depleted mantle towards

the surface. Depleted mantle is eventually juxtaposed next to the crust as the

weaker ‘inherited’ overlying mantle is thinned. When crustal separation occurs

after 15 My extension, the 1300 ◦C isotherm is 40 km deep and remnants of

the depleted mantle body can be found directly beneath the hyperextended

crust of both margins, but neither depleted mantle, nor mafic crust is

exhumed at the seafloor.

4.2.2 Model 8: Moho 600 ◦C

When the geothermal gradient is is sufficiently high to produce a Moho

temperature of 600 ◦C (Model 8 in Figures 6 and 7), the orogenic structures

are immediately reactivated and continuously deformed. Two antithetic shear

zones rooted in the crust–mantle boundary form at the center of the

underplated area but no anastomosing shear zones form in the lower crust.

As extension progresses, active upwelling of the asthenosphere begins in the

center of the model. The suture zone is abandoned as it becomes offset from

the active center. Until approximately 4 My the depleted and overlying

inherited mantle are simultaneously thinned by pure shear in the model center.

From ∼ 4.5 My onward, the inherited mantle becomes preferentially thinned

compared to the depleted mantle. As a result, depleted mantle becomes

juxtaposed against the base of the crust at both margins, as in Model 4. When

crustal separation occurs within the ‘orogenic zone’ at 13 My, both mafic lower

crust and depleted mantle are exhumed to the seafloor. At this stage, the

1300 ◦C isotherm is at 40 km depth and both margins are ∼ 80 km wide.

When we move the initial depleted mantle zone between 50 and 90 km instead

of 60–100 km under the same geothermal gradient (Model 11 in Figure 8),

crustal separation occurs outside the ‘orogenic area’. In Model 11, crustal
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deformation is similar to crustal deformation in Model 8 until 4 My extension.

In contrast, in the upper mantle, three pairs of shear zones form in Model 11

(one above each edge of the depleted mantle domain and one above its center),

whereas only one shear zone is significantly active in the central part of the

upper mantle in Model 8. In Model 11, the right-hand side pair of shear zones

eventually localizes deformation, which results in crustal breakup to the right

of the orogenic domain. Depleted mantle is juxtaposed beneath both margins

with an asymmetrical distribution but is not exhumed to the seafloor

(Figure 8).

4.2.3 Model 9: Moho 500 ◦C; 300 ◦C Hotter Underplating

When the underplated area is 300 ◦C hotter than the encompassing

lithosphere (Model 9 in Figures 6 and 7), the inherited structures are

immediately reactivated and keep localizing deformation until the eventual

crustal separation at 13.5 My. From 0.6 My onward, brittle deformation starts

in the upper mantle, beneath the initial suture and faults. As a consequence,

the upper mantle is efficiently thinned above the depleted mantle domain, and

the latter becomes juxtaposed with the lower crust after 8 My extension.

When the crust breaks-up, mafic underplating is exhumed to the seafloor but

no depleted mantle. The final margins are about 100 km wide with the

1300 ◦C isotherm at a depth of 35 km.

4.2.4 Interpretation

In the two coldest models with a thermally equilibrated lithosphere (Models 2

and 7), crustal separation occurs outside the underplated region despite the

existence of weaknesses in the overlying upper crust (e.g. Figures 4 and 5).

There is only minor deformation in the orogenic domain and both the crust

and the lithosphere remain largely unthinned. In both cases, the zone of

necking that will eventually become the locus of crustal separation develops on

the right-hand side of the underplated region away from the orogenic

structures. Rifting localizes further away from the orogenic area in the colder

Model 2 than in Model 7. This suggests that the geothermal gradient controls

the distance between the underplated region and the necking zone. This can

be explained by the fact that, with the lowermost geothermal gradient (Moho

500 ◦C), both the feldspar and the mantle (inherited or depleted) are relatively

strong up to 25 and 50 km depth, respectively (Figure 3a), thus the orogenic
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region behaves almost as a single rigid block. In contrast, when the geothermal

gradient is higher, the weakening of all rheological phases allow for some

decoupling between the brittle upper crust and upper mantle (Figure 3b),

allowing deformation localization at the edges of the strong heterogeneities.

In the model with a higher geotherm, rifting localizes within the area

containing the weaknesses (Model 8; Figures 6 and 7). This arises from the

fact that, under the highest geothermal gradient of Model 8 (Moho

temperature 600 ◦C), feldspar has lost most of its strength at the depth of the

‘mafic underplating’ (i.e. between 22 and 30 km depth; Figure 3c) and the

rheological contrast between depleted and inherited mantle is limited to 60 km

depth. As there is no significant rheological contrast between the orogenic area

and adjacent lithosphere, the inherited weaknesses are the only significant

strength heterogeneity, and thus control the location of crustal necking.

Rifting processes are different in Model 9 (+ 300 ◦C thermal anomaly in the

underplated zone), even if the final geometry is similar. Here, the local

thermal anomaly results in a significant weaker rheology of the underplated

region compared to adjacent lower crust (compare Figures 3a and d). As a

result, extension focuses at this extreme lower crustal weakness and is then

transmitted to the overlying crust and underlying mantle.

5 Discussion

5.1 Thermally Equilibrated Underplating: a Barrier to

Rifting?

The results of Models 2, 3 and 7 (Figures 4 and 6) suggest that, within a cold

to moderately hot lithosphere (Moho temperature ≤ 550 ◦C), the existence of

a mafic lower crust beneath a former orogenic area prevents significant

deformation of pre-existing weaknesses during extension. Consequently, rifting

and breakup localize away from the orogenic area, contrary to the prediction

of the Wilson Cycle theory. The existence of mafic bodies within the lower

crust may explain why both the Tethyan and southern North Atlantic rifts

avoided the underplated Variscan and British Caledonian crust (Frizon de

Lamotte et al., 2011; Chenin et al., 2015), while the northern North Atlantic

rift reactivated the Caledonian Iapetus and Tornquist sutures in regions

devoid of significant post-orogenic magmatism/underplating (Wilson (1966);

Erratt et al. (1999); Figures 1a–c).
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The Variscan orogen of Western Europe is almost entirely surrounded by rifts,

situated between the northward propagating Central Atlantic rift, the

southward propagating northern North Atlantic rift, the eastward propagating

Bay of Biscay and the Alpine Tethys rift system, the latter being largely

parallel to the Variscan sutures of Western Europe. Therefore, inadequate rift

orientation cannot be invoked to account for the lack of reactivation of the

Variscan and British Caledonian orogenic structures. It seems that the

different micro-plates of the Variscan collage were strongly welded during

orogeny, forming a strong core that acted as a barrier to rift propagation. This

hypothesis is consistent with the observation that both the development of the

Porcupine Basin offshoreBritain and the Central Graben in the North Sea

terminated close to the edges of the Variscan (underplated) domain

(Figure 2c). Steckler and ten Brink (1986) invoked a comparable explanation

to account for the dying of the north-northwestward propagating Gulf of Suez

when it reached the hinge zone of the southeastern Mediterranean margin.

According to them, the stronger rheology of the thinned continental crust or

oceanic crust north of the hinge zone acted as a barrier to rift propagation.

Consequently, deformation delocalized further east into the

North–South-oriented Gulf of Aqaba and Dead Sea transform, which

developed sub-parallel to the hinge zone.

Underplating may also explain why in the Basin and Range province of

western United States present-day extension is essentially localized at the

edges of the former orogenic domain, as highlighted by the distribution of

seismic activity and GPS velocity measurements published by Bennett (2003).

Indeed, like the Variscan orogen, the collapse of the former western US range

was presumably accompanied with or followed by the emplacement of an up to

10 km thick mafic underplating of the continental crust, well-imaged on

seismic sections (Jarchow et al., 1993; Rey, 1993).

The Bay of Biscay is a striking counterexample to this idea, since it opened

within a region thought to be underplated. In this case, the major

Biscay–North Pyrenean strike slip fault (Figures 1b and c) that formed after

the termination of the orogen may have been reactivated during the opening of

the Bay of Biscay. Indeed, the Biscay–North Pyrenean fault formed during the

phase of intense wrench faulting that occurred from latest Carboniferous to

early Permian (Arthaud and Matte, 1977; Burg et al., 1994), that is during the

early stages of the main mafic underplating episode that occurred in the

Pyrenees (Petri et al., 2017). Since major strike-slip faults are pervasive
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structures that may crosscut the whole lithosphere (Vauchez et al., 1998) and

the major Biscay–North Pyrenean fault was at play during part of the

Permian magmatic event, it may not have been erased by the magmatic event

and thus remained a weak zone within the underplated domain.

5.2 Hot Underplating: A Preferred Location for

Extension?

When the geothermal gradient is high, mafic underplating may not be strong

enough to act as a barrier to rifting. When magmatic intrusions are not

thermally equilibrated, they may be even weaker than the surrounding

material. In such cases, rifting may localize atop the underplated area, as

illustrated in our Models 7 and 8 (Figures 6 and 7). These models can be

compared with the South China Sea, which was affected by intense

subduction- and orogen-related magmatism from the late Jurassic (Li et al.,

2007) to late Cretaceous (Wintsch et al., 2011), prior to rift initiation in the

late Cretaceous–early Paleocene (Holloway, 1982; Ru and Pigott, 1986; Lee

and Lawver, 1994). Widespread granitoid intrusions can be found along the

South China Sea margins and seismic imaging suggests that mafic crustal

underplating exists beneath large parts of the South China Sea margins

(Nissen et al., 1995; McIntosh et al., 2014). At least some of these underplated

bodies are pre-rift (Nissen et al., 1995). Furthermore, the distributed

rift-related extension in the South China Sea suggests that the geotherm was

relatively high at the time of rifting (Moho temperature > 700 ◦C; see Buck

et al. (1999); McIntosh et al. (2014)).

5.3 The Role of Depleted Mantle Heterogeneities

Deeper than ∼ 50–60 km (depending on the geothermal gradient), the dry

olivine rheology of the depleted mantle is comparable to that of ‘inherited’

mantle, here modeled as an average between dry and wet olivine. Therefore,

the existence of zones of depleted mantle at a depth greater than ∼ 50–60 km

may not affect the location of rifting. However, they may partially and/or

temporarily protect the overlying region from stresses, which may influence the

timing and duration of weak structure reactivation (compare Models 2 and 3).

The slightly weaker rheology of inherited compared to depleted mantle results

in a preferential thinning of the inherited mantle above and below the depleted
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mantle zone. As a consequence, the depleted mantle zone is progressively

exhumed towards the surface and can become juxtaposed next to the

hyperextended crust (Models 4 and 9) or even be exhumed to the seafloor

(Model 8). This process may explain how remnants of deep and highly

depleted mantle, interpreted as former upper part of the asthenospheric

mantle that underwent the Variscan partial melting event, were exposed to the

seafloor during the hyperextension stage of the Alpine Tethys rifting

(McCarthy and Müntener, 2015; Picazo et al., 2016).

When located directly beneath the crust, as in magmatic arc settings (DeBari

and Greene, 2011) or in the British Caledonides (Atherton and Ghani, 2002),

regions of depleted mantle are significantly stronger than inherited mantle

(Figures 3a–c). Therefore, they are likely to prevent reactivation of overlying

weaknesses during extension (Model 6 in Figure 4). Such a zone of depleted

mantle could explain the existence of unthinned continental crust at the

Flemish Cap along the Newfoundland margin, where highly depleted

arc-related mantle was reported at ODP Site 1277 (Müntener and Manatschal,

2006) and along the British Caledonides (the Rockall, Hatton and Porcupine

banks), where the subcontinental lithospheric mantle has been depleted due to

post-orogenic magmatism (Atherton and Ghani, 2002).

It is important to keep in mind that we modeled both the inherited and

depleted mantle as two distinct homogeneous materials, assuming that

inheritance is essentially erased at high temperatures (Yamasaki et al., 2006).

However, the study by Toy et al. (2009) suggests that the existence of

compositional heterogeneities such as pyroxenite dykes within the mantle may

trigger the formation of localized shear zones during an episode of deformation.

6 Conclusion

The main conclusions of this study are: (1) Weaknesses inherited from an

orogenic event may not localize deformation during a later extensional event if

the orogen was massively underplated with gabbroic–pyroxenite melts and

thermally equilibrated at the time of the onset of extension. This may explain

why both the North Atlantic and Alpine Tethys rifts avoided the Variscan

underplated lithosphere of Western Europe. (2) Similar to mafic underplating,

shallow (< 50–60 km) zones of depleted mantle are likely to prevent extension

at overlying weaknesses in a thermally equilibrated lithosphere with a low to
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moderate geothermal gradient. Such zones of shallow depleted mantle,

typically formed in magmatic arc settings, may account for the preservation of

regions of unthinned crust during subsequent extension and rifting. (3) The

existence of depleted mantle heterogeneities at a depth > 50–60 km beneath a

former orogenic event does not impact the localization or duration of rifting.

However, depleted mantle may be exhumed at the distal parts of the margins

during a subsequent rifting event as a result of preferential thinning of the

(weaker) overlying inherited mantle.

A Additional models results

Model 10 is similar to Reference Model 1, except that the suture zone stops at

a depth of 22 km. Model 10 is thus equivalent to Model 2 without

underplating and depleted mantle. Model 11 is similar to Model 8, except that

depleted mantle zone is initially located between 50 and 90 km depth instead

of 60 and 100 km.
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Figure 8: Phase and plastic strain (>0.1%) distribution and strain rate evolution
in Model 10 and 11; DM: depleted mantle; Upl.: mafic underplating of the crust.
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