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S U M M A R Y
The seismic activity in the western part of the Corinth Rift (Greece) over the period 2000–
2007, monitored by a dense network of three-component stations, is analysed in terms of
multiplets and high precision relocation using double difference techniques. This detailed
analysis provides new insights into the geometry of faults at depth, the nature and the structure
of the active zone at 6–8 km depth previously interpreted as a possible detachment, and more
generally into the rifting process. The seismicity exhibits a complex structure, strongly varying
along the rift axis. The detailed picture of the seismic zone below the rift indicates that its
shallower part (at depths of 6–8 km) is 1–1.5 km thick with a complex microstructure, and that
its deeper part (at depths of 9–12 km) gently dipping to the north (10–20◦) is 0.1–0.3 km thick
with a microstructure consistent with the general slope of the structure. Although the nature of
this seismic zone remains an open question, the presence of seismicity beneath the main active
area, the strong variability of the structure along the rift over short distances and the complex
microstructure of the shallower part revealed by the multiplet analysis are arguments against
the hypothesis of a mature detachment under the rift: this active zone more likely represents a
layer of diffuse deformation. The geometry of the mapped active faults is not well defined at
depth, as no seismicity is observed between 0 and 4 km, except for the Aigion Fault rooting
in the seismic layer at 6 km depth with a dip of 60◦. A distinct cloud of seismicity may be
associated with the antithetic Kalithea Fault, on which the 1909 Fokis earthquake (Ms = 6.3)
may have occurred. The link between the 1995 rupture (Ms = 6.2) and the faults known at
the surface has been better constrained, as the relocated seismicity favours a rupture on an
offshore, blind fault dipping at 30◦, rather than on the deeper part of the East Helike Fault.
Consequently, the 1995 event is expected to have decreased the Coulomb stress on the East
Helike Fault. To explain these seismic observations along with the geodetic observations, a
new mechanical model for the rifting process in this region is proposed, involving non-elastic,
mostly aseismic uniform NS opening below the rift axis, coupled with the downward and
northward growth of a yet immature detachment: the reported GPS rates would mainly result
from this deep, silent source, and the seismicity would reveal the detachment position, not yet
connected to the ductile lower crust. In such a model, the strong fluctuations of microseismicity
would result from small strain instabilities, undetected by continuous GPS and possibly related
to pore pressure transients.
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1 I N T RO D U C T I O N

For more than two decades, the Corinth Rift in Central Greece has
been the target of a large number of geological (e.g. Ori 1989;
Doutsos & Poulimenos 1992; Armijo et al. 1996; Sachpazi et al.
2003; Ghisetti & Vezzani 2005; Rohais et al. 2007), geodetic (Bil-
liris et al. 1991; Clarke et al. 1997; Briole et al. 2000; Avallone
et al. 2004, for example) and seismic studies (e.g. Jackson et al.
1982; Rigo et al. 1996; Latorre et al. 2004; Gautier et al. 2006;
Pacchiani & Lyon-Caen 2010), however the fault geometry at depth
and the rifting process are still debated. Is rifting asymmetric or
symmetric? Is there a detachment at 6–8 km depth? In the western
part of the rift, seismicity studies highlight the existence of a 3-
to 4-km-thick active layer below the rift, dipping to the north at
a low-angle (∼10–20◦; Rigo et al. 1996; Lyon-Caen et al. 2004;
Bernard et al. 2006; Gautier et al. 2006; Bourouis & Cornet 2009),
and including small earthquakes with geometries and focal mech-
anisms indicating slip on low-angle fault planes (∼10–20◦; Riet-
brock et al. 1996; Rigo et al. 1996; Pacchiani 2006). Three main
hypotheses have been proposed to explain the existence and the
deformation mechanism of this seismically active zone: (1) a low-
angle normal fault or shallowly north dipping detachment zone onto
which major normal faults are rooting and which acts as a shear
zone (Rigo et al. 1996; Bernard et al. 2006), (2) block deformation
(Cianetti et al. 2008) and (3) brittle-ductile transition (Hatzfeld et al.
2000).

The mechanical conditions under which seismic slip on low-angle
normal faults (≤30◦) may occur is still debated (e.g. Rice 1992;
Wernicke 1995; Abers 2009; Collettini 2011; Lecomte et al. 2012)
but fluids probably play a significant role (Rice 1992; Lecomte et al.
2012). Although low-angle normal faults in extensional regions are
clearly observed in the field and in seismic reflection profiles [e.g.
Santa Rita Fault of the Tucson Basin (Johnson & Loy 1992); the
Lamoille Valley Fault in the Basin and Range (Smith et al. 1989;
Wernicke 1995)], only a few seismically active low-angle normal
faults are documented apart from the Corinth Rift, the Woodlarki–
D’Entrecasteaux Rift zone, Papua New Guinea (e.g. Abers et al.
1997; Taylor et al. 1999), Altotiberina Fault, Umbria region, Italy
(e.g. Boncio et al. 2000; Chiaraluce et al. 2007; Brozzetti et al.
2009), Colfiorito Fault, Italy (e.g. Boncio et al. 2000) and Tibet
(Monigle et al. 2012). Because of its high strain and seismicity
rates, the western Corinth Rift is a good target to better understand
low-angle normal faulting.

Using relocated seismicity, the aim of this paper is to present new
insights into the relationships between deep structures and faults
observed at the surface or imaged by seismic/bathymetric studies,
the nature and structure of the shallowly dipping seismic layer below
the rift and more generally into the rifting process. Considering the
seismicity recorded by the CRLNET local network (Lyon-Caen et al.
2004, http://crlab.eu) between 2000 and 2007 in the western part of
the rift, we performed a detailed relocation using a double difference
technique (Waldhauser & Ellsworth 2000), and combined it with a
multiplet analysis to improve the precision of relocated seismicity
and to identify microstructures within the seismicity. After a brief
description of the data set, we explain the method used to identify
multiplets and to relocate the seismicity. We then present the high-
resolution relocation results, describing in detail fault geometries at
depth, and the possible association with past earthquakes, and more
briefly the spatio-temporal evolution of the microseismicity. We
finally discuss the seismic structures and some mechanical models
to explain the observed seismicity.

2 T E C T O N I C S E T T I N G

The Corinth Rift in Central Greece is one of the most active area
in Europe with several instrumental and historical earthquakes of
magnitude larger than 5.5 (Jackson et al. 1982; Ambraseys & Jack-
son 1990; Papazachos & Papazachou 1997; Hatzfeld et al. 2000;
Makropoulos et al. 2012), numerous swarms [1991: Rigo et al.
(1996), 2001: Pacchiani & Lyon-Caen (2010), 2002: Bernard et al.
(2010), 2009: Barnoud (2012), 2010–2011: Sokos et al. (2012)] and
a significant background seismicity (Fig. 1). It appears as an E–W
striking asymmetric rift, with the main active faults cropping out
on the southern coast of the gulf, dipping to the north at 40–60◦.
This results in a long-term subsidence of the northern coast and an
uplift of the southern coast, superimposed to the general uplift of the
northern Peloponnesus (Armijo et al. 1996). Some active offshore
and onland antithetic faults have also been identified (Stefatos et al.
2002; Moretti et al. 2003; Gallousi & Koukouvelas 2007; Bell et al.
2008; Balkaniotis 2009; Taylor et al. 2011). The Corinth Rift cuts
obliquely across the NNW–SSE Hellenides mountain belt, made of
a succession of carbonate-flysh nappes. Some inherited complex
structures of this pre-rift thrust belt seem to have influenced sedi-
mentation and fault segmentation (Ghisetti & Vezzani 2004, 2005),
and may explain the lateral variability of structures along the rift
from east to west. The extension has a mean N5◦ direction and
its rate across the rift increases from 11 mm yr−1 to the east to
16 mm yr−1 to the west (Billiris et al. 1991; Briole et al. 2000;
Avallone et al. 2004). In the western part of the rift, GPS studies
have shown that the deformation gradient is localized offshore on
a 10-km-wide zone (Briole et al. 2000; Avallone et al. 2004). This
implies a very high strain rate, associated with the observed high
seismicity rate (Lyon-Caen et al. 2004; Bourouis & Cornet 2009).
The northern and southern blocks act as rigid tectonic units, except
in some localized areas like the vicinity of the Psathopyrgos Fault
(PsF) at the western end of the rift.

During the rift history, starting around 5 Ma, a northward migra-
tion of fault activity occurred (Goldsworthy & Jackson 2001; Ford
et al. 2012), resulting in the current localization of the main active
faults along the southern coastline. Therefore, the recent morpho-
logical architecture in the western part of the rift is mainly controlled
by the north dipping faults along the coast (Fig. 1)—from west
to east: Psathopyrgos Fault (PsF), Kamarai-Lambiri Fault system
[KLF; also named Neos-Erineos Fault system, including the Lambiri
Fault, the Selianitika Fault and the Fassouleika Fault (e.g. Pantosti
et al. 2004; Palyvos et al. 2005)], Aigion Fault (AiF) and East Helike
Fault (EHF). Some offshore and onland south dipping faults may
also play a role, but have been less extensively studied than the north
dipping ones—from west to east: Marathia Fault (MrF), Mornos
Fault (MnF), Trizonia Fault (TrF), West and East Channel faults
(WCF, ECF) and South Eratini faults (SEF; Bell et al. 2008, 2009).
The faults located more to the south—from west to east: Lakka
Fault (LakF), West Helike Fault (WHF), Pirgaki Fault (PiF) and Ma-
moussia Fault (MmF)—are thought to be less active or completely
deactivated (e.g. Flotté 2003; Pantosti et al. 2004; Ford et al. 2012).

Several large historical events have been reported with estimated
magnitude around 6 or larger, hitting either the northern or the
southern coast (Fig. 1, orange/red boxes), but few of these events
have been unambiguously associated with one of the main faults:
the 1861 earthquake (Schmidt 1881; Mouyaris et al. 1992) is known
to be related to the EHF as surface breaks were observed, and the
same is likely for the 373 BC event (Mouyaris et al. 1992; Stewart
1996; Soter & Katsonopoulou 1999). With less certainty, the 1817
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Figure 1. Seismicity of the studied area from 1950 to 2008. Data are from the National Observatory of Athens’ catalogue (locations are rounded to the minute)
randomized with random shift between 0′ and 1′ for visual account of density. Focal mechanisms are from Bernard et al. (1997); Sokos et al. (2012) and the
global CMT catalogue. Historical earthquakes are indicated in orange and red (from Ambraseys & Jackson 1990; Papazachos & Papazachou 1997), red events
are discussed in this paper. Black arrows indicate the geodetic rift opening direction (Briole et al. 2000; Avallone et al. 2004). Faults traces have been compiled
by N. Meyer (PhD thesis in preparation) based on Moretti et al. (2003), Palyvos et al. (2005), Bell et al. (2008) and new field work. Main fault names are
indicated: PsF, Psathopyrgos Fault; LakF, Lakka Fault; MmF, Mamoussia Fault; PiF, Pirgaki Fault; WHF, West Helike Fault; TrF, Trizonia Fault; MnF, Mornos
Fault; EHF, East Helike Fault; AiF, Aigion Fault; KeF, Kerinitis Fault; KLF, Kamarai and Lambiri Fault system; WCF, West Channel Fault; ECF, East Channel
Fault; SEF, South Eratini Fault; KaF, Kalithea Fault; MrF, Marathia Fault; NEF, North Eratini Fault. The projection to the surface of the 1995 rupture plane is
indicated by a blue rectangle.

and 1888 events hit the city of Aigion and may be associated to the
AiF (Papazachos & Papazachou 1997; Pantosti et al. 2004).

Even for recent events, linking a rupture to a fault remains difficult
as the fault geometry at depth is not well constrained; indeed a
major earthquake (Ms = 6.2) occurred in 1995 on a low-angle north
dipping fault plane (∼30◦; Bernard et al. 1997), linking its rupture
to faults at the surface is still a matter of debate (e.g. Bell et al.
2008; Taylor et al. 2011) although this has critical implications in
terms of seismic hazard. The 1992 Galaxidi (Ms = 5.8) earthquake
(Hatzfeld et al. 1996) located a few kilometres further east probably
occurred on a similar shallow north dipping nodal plane.

3 DATA A NA LY S I S

To obtain a high-resolution picture of the seismicity at depth, we
proceed in two steps: (1) identification of multiplets and (2) relo-
cation of the whole seismicity using a double difference technique.
We here describe the data set used and the two steps of the process.

3.1 Network and data

The Corinth Rift Laboratory network (CRLNET) has been installed
since 2000 in the western part of the rift around the city of Aigion,
and covers a 30 × 30 km area (Lyon-Caen et al. 2004; Bernard

et al. 2006, see Fig. 2). This network is composed of 12 stations
recording at 125 Hz equipped with short-period three-component
seismometers: seven on the southern coast installed in 80- to 120-
m-deep boreholes and five on the northern coast. In addition, we
also use data from four stations recording at 100 Hz equipped with
broad-band seismometers: SERG (operated by Charles university in
Prague in collaboration with Patras university), LAKA and DAFN
(operated by Athens university) and SEL (operated by Patras uni-
versity). More than 10 yr of seismicity is now available. In this
paper, we present the results of 7 yr of data analysis from spring
2000 to spring 2007 (about 49 800 events). Data from two tempo-
rary experiments are also integrated: a 9-d post-seismic deployment
in 1995 after the Aigion earthquake (Bernard et al. 1997) with 20
stations equipped with 10 vertical and 10 three-component seis-
mometers and recording at 50 or 200 Hz depending on the stations,
and a 6-week experiment in 1991 (Rigo et al. 1996) covering an
area of 40 × 40 km with 51 stations equipped with 21 vertical and
30 three-component seismometers and recording at 62.5, 100, 125
or 200 Hz depending on the stations.

All data from the 1991 and 1995 experiments have been picked
manually. Events from the continuous CRLNET stations are ex-
tracted using a post-trigger algorithm that detects an event when
more than three stations trigger at about the same time (within
2 s) based on a STA/LTA (short-term average/long-term average)
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Figure 2. Map of the seismic stations used in this analysis. Stations from
the 1991 experiment are indicated by grey circles, the ones from the 1995
experiment by grey squares and the stations used during the 2000–2007
period are indicated by black reverse triangles (it includes stations from
the CRL network, some broad-band stations operated by Athens University,
Patras University and Charles University, Prague). The three zones numbered
from 1 to 3 have different seismicity structures and rates, and are referred
in the text as: (1) Western Zone (ZW), (2) Transition Zone (ZT) and (3)
Eastern Zone (ZE). Main faults as in Fig. 1.

ratio. All these events are automatically located using P and S
picks. Preliminary location is done using hypo71 software (Lee &
Lahr 1972), the 1-D velocity model of Rigo et al. (1996) and a
VP/VS ratio of 1.80. Depending on the number of phases picked,
the average standard errors range from 500 m to a few kilome-
tres for events in the networks, and reach 5–6 km for events out-
side the networks. More details on the detection and picking al-
gorithms can be found in Bourouis & Cornet (2009). Part of the
data set (35 per cent) has been manually picked for specific studies.
If available, manual picks are used instead of automatic ones. A
statistical analysis of the time differences between automatic and
manual picks for events having both manual and automatic picks
has shown differences generally lower than 0.14 s for P waves
(95 per cent confidence interval), and lower than 0.54 s for S waves
(95 per cent confidence interval) depending on the quality of sta-
tions and phase onsets. The distribution of these time differences
for P wave is quite symmetric. For the S waves, however the distri-
bution is not symmetric, the automatic picks being often late with
respect to the manual ones. The average time reading precision is
estimated to be 0.03 s and 0.06 s for manual P and S pickings and to
be 0.07 s and 0.29 s for automatic P and S pickings. Differences in
horizontal location between manual and automatic picking are less
than 2 km and differences in depth are less than 3 km for most of
the events. Moment magnitudes estimated from spectral amplitude
fit range from 0.5 to 4.5. The catalogue is complete down to Mw =
1.4 (Pacchiani 2006; Wyss et al. 2008).

3.2 Multiplet classification

A multiplet is a set of earthquakes having similar waveforms and
focal mechanisms, close in location, often associated to small
asperities (e.g. Geller & Mueller 1980; Tsujiura 1983; Deich-

mann & Garcia-Fernandez 1992; Vidale et al. 1994; Nadeau &
Johnson 1998). Cross-correlation analyses are used to identify
multiplets, the resulting cross-correlation time-shifts are commonly
used to perform high-precision relocations at local or regional
scale (e.g. Frémont & Malone 1987; Got et al. 1994; Rubin et al.
1999; Battaglia et al. 2004; Hauksson & Shearer 2005; Waldhauser
& Schaff 2008; Kapetanidis & Papadimitriou 2011), or to study
medium velocity variations (e.g. Poupinet et al. 1984; Cociani et al.
2010). In addition, the detailed geometry of the multiplets provides
additional information on the microstructure of the seismicity, use-
ful for characterizing seismically active structures (e.g. Rietbrock
et al. 1996; Moriya et al. 2003; Carmona et al. 2010; Pacchiani &
Lyon-Caen 2010). To classify events in multiplets, waveform sim-
ilarity of P phases is evaluated using cross-correlations between
events. In order to reduce computation time, we do not cross-
correlate all events with each other. We scan the database event
by event; the second event is cross-correlated with the first one, the
third event with the first two events and so on; either the event is
classified as a multiplet with one of the earlier ones, or it becomes an
independent event. When a multiplet is identified, the event having
the maximum number of station readings is chosen as the reference
event. Then all the events of a multiplet are represented by the refer-
ence event in the cross-correlation procedure, reducing the number
of cross-correlations to compute. This procedure is used only for
classification, not for the relocation process. Cross-correlations are
computed in the time domain for time windows containing P waves,
first at the time resolution of one sample, and finally at subsample
time resolution using a local polynomial fit. This procedure enables
the measurement of delays within millisecond precision, and allows
better estimations for large delays (Schaff et al. 2004). Data are
filtered between 3 and 20 Hz. The length of the time window used
is 1 s in order to exclude S waves. Because of larger errors on au-
tomatic picks, three time-shifted windows are used to ensure that
the P wave is included: the first window is defined using the P pick
(beginning of the window at 0.1 s before P pick), and the two other
windows are shifted, respectively, towards positive and negative
time. The best cross-correlation measurement of the three windows
is kept. As already mentioned, the time differences between auto-
matic and manual picks are smaller than 0.2 s for most of the P
waves. Therefore, we choose 0.3 s for the maximum window time-
shift for P waves in order to be able to include the P-wave energy.
The condition to add an event to an existing multiplet is a mini-
mum of 5 P waves with a cross-correlation coefficient greater than
0.80. For events recorded by less than five stations, the condition is
relaxed and depends on the number of stations that have recorded
the event. The criteria for multiplet classification are quite strong,
but they have been chosen to obtain an accurate image of individual
multiplet geometry and to allow microstructure studies. Weaker cri-
teria would result in the classification of more events but with less
similarities. Fig. 3 presents a multiplet recorded at several stations.

Both manually and automatically picked events are combined.
Multiplets are independently searched for in the CRLNET database
and in the two temporary experiment databases, as no stations are
common to the three experiments. Over half of the data set (∼55
per cent) can be classified in multiplets, among those 48 per cent
are doublets. Some of these multiplets are clustered in time, other
last several years (Fig. 3).

3.3 Seismicity relocation

Once the multiplet classification was done, we performed the reloca-
tion using the double-difference algorithm hypoDD (Waldhauser &
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Figure 3. Example of a multiplet recorded at four stations. Each panel corresponds to the waveforms of the vertical component of each station, and each line
to an event. The date of the event occurrence is indicated to the right of each waveform. This multiplet is located near Pyrgos station (PYR), and includes
events from 2002 to 2007. Data are filtered between 3 and 20 Hz. The correlation of all events together gives cross-correlation coefficients from 0.85 to 0.96.

Ellsworth 2000, for example). The inverse problem is solved using
a damped least-square technique, minimizing the residuals between
observed and calculated phase delay times between a pair of adjacent
earthquakes recorded at common stations; this reduces the bias due
to model errors along the path. The 1-D velocity model used is the
same as the one used for absolute locations (Rigo et al. 1996, with a
Vp/Vs ratio of 1.80). Differential times are based on catalogue picks
and are combined with cross-correlation measurements. Delays
from cross-correlation are used both for P and S waves. The cross-
correlation computation is quite similar to the one used for the mul-
tiplet classification. We used the same filtering, and the computation
is made in the time domain. However, we considered two window
lengths, of 1 and 1.5 s, and check the consistency of measurements
obtained for the two window lengths to reduce the number of outliers
due to cycle skipping (Schaff et al. 2004). The time-shifts from the
1-s window length were kept in the relocation process. The cross-
correlations were computed for all events in multiplets as well as for
events of neighbouring multiplets and isolated events in a radius of
about 5 km.

The data were a priori weighted using different schemes. Cross-
correlated data were weighted by their squared cross-correlation
coefficient without any difference between P and S waves. Catalogue
data were weighted using two qualities: (1) the pick quality and
(2) the quality of the location. The pick quality was assigned by
the operator having manually reviewed the event or assigned by
default for automatic events. It is indicated by a number between
0 and 3. The automatic picked data were downweighted relative
to the manually picked ones by decreasing their pick quality by 2
points, in order to take into account the difference in accuracy. By
default, the qualities assigned to automatic picks are 0 for P wave
and 1 for S wave; then, they were decreased, respectively, to 2 and
3. The automatic picked data were also downweighted using the
noise level at the stations. The quality location given as output of
hypo71 is indicated by a letter between ‘A’ and ‘D’ and is based
on the rms, the horizontal and vertical errors, the number of phases
used for the location, the azimuthal gap and the distance to the
closest station. We, respectively, assigned to this quality a number
between 0 and 3, and computed a combined quality for each phase
by multiplying the two qualities. A weighting between 1 and 0 is
then, respectively, assigned to the obtained quality (from 0 to 9).

This weighting scheme allows in particular to reduce the impact of
events having large azimuthal gaps and therefore having location
closer to the network than their true location.

For the relocation, we excluded events having no location (∼5 per
cent) and events located too far from the network (≥10 km) as their
locations are not well enough constrained (∼27 per cent). For the au-
tomatically located events, we only kept well-located events having
at least five P and three S phases and located with errors lower than
5 km (∼50 per cent, the standard average errors are of the order of
1–3 km for events being in the networks), and events being in multi-
plets. After relocation, only 13 000 events (∼26 per cent of the total
number of events) were kept. Small magnitude events, as well as iso-
lated events, were often removed, as they are weakly linked to their
neighbours.

To assess the relative relocation errors, we applied a statistical re-
sampling method using the bootstrap technique (Efron 1982; Efron
& Tibshirani 1993). We evaluated the influence of: (1) an event
on the location of all others, (2) the station coverage and (3) the
uncertainties of the traveltime differences. Considering the influ-
ence of an event on the location of the other, relative location errors
are typically a few metres, except for a few events having relative
errors that range from a few tens of metres to a few hundreds of
metres. Considering the influence of the station coverage, relative
location errors range from a few metres to a few tens of metres
for events located a few kilometres outside the network; the larger
errors are observed to the west, where the network coverage is poor.
Finally, considering the uncertainties of the traveltime differences,
relative location errors range from a few metres for adjacent events
mainly constrained by cross-correlation data to a few hundred of
metres for events a few kilometres apart constrained by absolute
time catalogue differences. In conclusion, the relative locations are
well constrained in the centre of the rift where there is a high density
of events with a lot of multiplets where maximal errors are of the
order of 30 m, and less well constrained to the west where maximal
errors are of the order of 200–300 m (Fig. B1) . Errors in latitude,
longitude and depth have a similar order of magnitude. Thus, the
high resolution of the performed relocation enables the observed
seismicity structures to be analysed in detail. Figs C1 and 9 present
the seismicity before and after relocation, showing the improvement
due to the relocation process.
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Figure 4. Example of multiplet geometry analysis. The multiplet is located to the northeastern limit of the studied area (id 2423). (a) adjustment of an ellipse
to the multiplet: determination of the plane including the ellipse by performing a grid search minimizing the event distances to the plane, and determination of
the best ellipse in the plane coordinates. Each red point corresponds to an event of the multiplet. The adjustment is done after relocation. (b) Lower hemisphere
stereographic projection representing the pole density distribution of the normal to the plane through the set of events of the multiplet. The pole density is
normalized. Red line indicates a probability larger than 0.80. The characteristics of the plane that contains the multiplet are obtained by the three points method.
Dip and azimuth of the normal to the plane are respectively indicated along the radius and the circumference of the diagram.

3.4 Multiplet analysis

Considering a multiplet as a fault patch, we determined the multi-
plet geometry after relocation by adjusting an ellipse to the multiplet
(Fig. 4). For this purpose, we first fitted a plane to the set of events
of the multiplet, by performing a grid search minimizing the dis-
tance of events to the plane. This process is more robust than a
least-squared fit, as it is less sensitive to the presence of outliers.
Then, we computed the projection of each event to the plane, and
finally estimated the characteristics (centre, length of the major and
minor axes and azimuth of the major axis) of the best ellipse in
the plane coordinates. The quality of the fit was evaluated using
the event distances to the plane that includes the ellipse. The errors
were computed taking into account the errors on the event loca-
tions. We performed a Monte Carlo simulation: at each simulation
the event locations are perturbed with random uniform deviates be-
tween ± their relocation errors. The estimated errors are larger for
multiplets having small dimensions as orientation of the plane is
more sensitive to event location errors. The ellipse adjustment has
been done for all the multiplets with more than 20 events. All the
events in these multiplets have been picked manually to increase
the resolution of the relocation, and be able to discuss the results in
terms of microstructure. This adjustment is not successful for all the
multiplets as some are clearly non-planar. Results for planar mul-
tiplets are presented in Table A1 and Figs 5, 7, 8 and 9. To check
the geometries inferred from the ellipses, results were compared
with a statistical method called the three point method (Fehler et al.
1987). It consists of computing the poles to the planes associated
with each combination of three hypocentres. The pole density is
then represented using a stereographic projection; the maximum of
the pole density distribution defines the geometry of the multiplet.
Results obtained by the two methods are consistent within a mean
difference of 10–20◦ for strikes and 5–10◦ for dips (Fig. 4). The first
method has the advantage of also estimating the dimensions of the
patch (major/minor axes and rake of the ellipse).

Generally, the multiplet geometries are consistent with the fault
plane solutions from previous studies (Rietbrock et al. 1996; Rigo
et al. 1996; Pacchiani 2006). However, a detailed comparison of
the obtained multiplet geometries with focal mechanisms is beyond
the scope of this paper. Godano et al. (2012) determine the fault
plane solutions for the largest multiplets identified in this study. The
results, very consistent with the geometries obtained in this study,
are discussed in a companion paper (Godano et al., submitted to
GGU).

4 S E I S M I C I T Y S T RU C T U R E S

After the relocation process, we obtained a high-precision picture of
the seismicity at depth. Figs 5, 7, 8 and 9 present: (1) the relocation
results and (2) the geometry of the largest multiplets. Fig. 6 indicates
the main structures described in this section. It can be first noted that
the 7 yr of seismicity recorded by the CRLNET network between
2000 and 2007 does not represent an overall picture of the seismicity.
Indeed, the 1991 swarm (Rigo et al. 1996) located beneath the
southern coast (green dots in Fig. 8, section a4) and some aftershocks
of the 1995 earthquake (red dots in Fig. 8, sections a2–a4) are
located in areas with nearly no seismicity during the studied period.
Recently, a swarm in 2009 located close to the PsF also occurred
in an area with low background seismic activity (see the seismicity
archive map in www.crlab.eu).

A difference in the seismicity pattern is clearly observed between
the eastern and the western side of the studied area, delineated by a
linear NS boundary (Fig. 8: section a2, ivory coloured strip in Fig. 5,
and grey strip in Fig. 7, sections b1 and b2). For this discussion, we
have divided the area in three sectors (Fig. 2): (1) western zone
(ZW), (2) transition zone (ZT) and (3) eastern zone (ZE). In the
ZW, the seismicity rate is high with about 10 events per days (up
to 150 events per day during seismic crises), and the seismicity
structure is complex with a strong lateral variability over short
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Figure 5. (a) Map of the relocated seismicity (blue: 2000–2007, red: 1995 and green: 1991). Stars correspond to large earthquakes (M ≥ 5.5): 1: Ms = 6.2
1995 Aigion earthquake (Bernard et al. 1997), 2: largest aftershock of 1995 Aigion earthquake (Ml = 5.2), 3: 1997 Agios Pandes earthquake (Ms = 5.3), 4 and
5: 2010 Efpalio earthquakes (Sokos et al. 2012; Mw = 5.3 and Mw = 5.2). (b) Map of the largest multiplets. Each multiplet is represented by an ellipse. Colours
correspond to the dip of the plane containing the ellipse and black lines to the downdip direction. Dark grey rectangular boxes correspond to cross-sections
detailed in Figs 7–9. Main faults as in Fig. 1. Black triangles indicate stations used on the 2000–2007 period.
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Figure 6. Location of the main clusters discussed in the text. Clusters are
identified by black ellipses, and are labelled from c1 to c7. ZT locates the
transition zone. Colour codes and main faults are defined in Fig. 5.

distances (Figs 7–9). In the ZE, the seismicity rate is lower and
the seismicity is mainly located below the northern coast at depth
larger than 10 km (Figs 6 and 7, section a1, cluster c3). The absence
of seismicity shallower than 3.5–4 km depth makes it difficult to
outline the geometry of faults at depth and to estimate their dips.
On the southern coast, no background seismicity is observed, the
seismicity is characterized by swarms concentrated in time and
space: 2001 swarm (Fig. 6 cluster c2) around station AIO (Pacchiani
& Lyon-Caen 2010) and 1991 swarm (Fig. 6 cluster c1) around
station KOU/TEM (Rigo et al. 1996).

The geometries and the distribution of the large multiplets high-
light the complexity of the seismicity structure beneath the rift,
particularly in the centre of the rift (Figs 5 and 7, sections b1 and b2)
and near station PYR (Fig. 9, section a6), where the density of events
is large. Multiplets have mainly north dipping geometries; they have
relatively steep dips (30–50◦) along the south coast at the root of
the faults observed at the surface (Figs 8 and 9, sections a2–a5,
multiplet clusters m1–m4) and they have lower dips (10–20◦) along
the northern coast (same sections at distances larger than 15 km,
multiplet clusters m9–m11). A few multiplets have a south dipping
geometry (Fig. 8, section a3, multiplet cluster m5), or a subvertical
geometry (Fig. 9, section a6 multiplet cluster m8). Multiplets have
mainly E–W strikes in agreement with the strike of the main faults
(see Fig. 5, black lines in ellipses indicating downdip direction), and
they are generally consistent with focal mechanisms computed in
previous studies. For instance, multiplets at the northwestern limit
of the area (Fig. 9, section a7 multiplet cluster m7) are consistent
with the shallow north dip (12–20◦) obtained by Rietbrock et al.
(1996). Multiplet geometries are also consistent with fault plane so-
lutions from an unpublished work (Pacchiani 2006) and from Rigo
et al. (1996), showing shallowly north dipping structures along and
below the northern coast (Fig. 8 section a2 multiplet cluster m10 and
Fig. 9 section a5 multiplet cluster m9), subvertical microstructures
(Fig. 9 section a6 multiplet cluster m8) and structures with higher
dips along the southern coast at the roots of the major faults (Fig. 8
section a3 multiplet cluster m2 and section a4 multiplet cluster m3).

After this general overview, we will now describe in more de-
tail specific features of the different structures and areas identified
thanks to the relocation process.

4.1 N–S striking ZT

As already mentioned, a difference in the seismicity pattern is ob-
served between the ZE and the ZW of the studied area, respectively,
the sectors (1) and (3) in Fig. 2. The two sectors are clearly separated
by a thin NNW structure 1–3 km wide (Fig. 5, ivory coloured strip,
and Fig. 8 section a2 and grey coloured strip in Fig. 7 sections b1 and
b2) shallowly dipping to the north (∼22–23◦) containing numerous
multiplets (Fig. 8 section a2 multiplet cluster m10). Hereafter, this
structure will be called ‘Transition Zone’ (ZT in Fig. 2). The two
EW sections (Fig. 7, sections b1 and b2) show that the seismicity
has shallower depth around the ZT than further east and west, and
forms a bell-like structure (Fig. 7 at distances of 12–20 km along
sections).

4.2 Western zone (ZW)

In this zone, the seismicity is mainly located below the gulf, con-
centrated at 6–10 km depth in a 1- to 1.5-km-thick layer shallowly
dipping to the north (Fig. 7 sections b1 and b2, Fig. 8 sections a2–a4

and Fig. 9 sections a2–a7), supporting observations from previous
studies (Rigo et al. 1996; Lyon-Caen et al. 2004; Bernard et al.
2006). The high-resolution relocation indicates that the structure of
this layer is complex and highly variable along the rift. The deeper
part is very thin (less than 0.1–0.3 km), gently dipping to the north
(15–20◦; Fig. 8, sections a2–a4 and Fig. 9 section a5, at distances
larger than 15 km along sections, multiplet clusters m9–m11), and
it contains well-defined multiplets elongated in the downdip direc-
tion (Fig. 5). In this part of the layer, the dips of the multiplets and
the dip of the layer are similar (10–20◦). The upper part is thicker
(between 1 and 1.5 km) and flat (Fig. 8 section a3–a4 and Fig. 9
section a5 at distances of 10–15 km along section), and it contains
numerous multiplets having variable strikes (220–310◦) and larger
dips (25–45◦) than in the deeper part as well as multiplets without
any planar geometries. In this part, the multiplets have larger dips
than the general dip of the layer. The western edge of this layer
(Fig. 9, sections a6 and a7) has a more complex structure, also with
a large variability in multiplet geometries (strikes: 180–345◦, dips:
15–45◦). At depth, the seismic zone is delineated to the south by
the roots of the north dipping ‘en echelon’ faults: the AiF, the KLF
system and the PsF (Bernard et al. 2006).

4.2.1 Faults under the northern coast

Some historical earthquakes have struck the northern coast of the
rift [see Fig. 1, Ambraseys & Jackson (1990); Papazachos & Pa-
pazachou (1997); Makropoulos et al. (2012)] in 1580, 1909 and
1965, but their locations are not well known, and the events cannot
be clearly associated either to some of the minor antithetic faults
identified at the surface (Gallousi & Koukouvelas 2007; Balkan-
iotis 2009), or to the main north dipping structures. The absence
of seismicity down to 4 km depth makes it difficult to link seis-
micity at depth with faults at the surface. A few multiplets have
a south dipping geometry (see multiplet cluster m5 directly below
the northern coastline between Trizonia island and the ZT, Figs 5
and 8, section a3). These multiplets contain mainly events occur-
ring in 2000. Some aftershocks of the 1995 Aigion event (Bernard
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Figure 7. Detail of the cross-sections identified in Fig. 5 by grey rectangular boxes. Left-hand side: relocated seismicity, colours as in Fig. 5: blue for 2000–2007
seismicity, red for 1995 and green for 1991. Clusters discussed in the text are labelled cn. Right-hand side: multiplet geometries. Multiplet groups discussed
in the text are labelled m∗. Shaded grey strips indicate the location of the transition zone between the western and eastern parts of the studied area. Bold black
lines indicate the major onshore and offshore faults. The 1995 rupture is shown in bold black. Stars correspond to large earthquakes as defined in Fig. 5.
1: Ms = 6.2 1995 Aigion earthquake (Bernard et al. 1997). Light blue lines represent the offshore part of the rift.

et al. 1997) are also located in the same area, with similar geome-
tries (red dots in Fig. 10, at distances 10–14 km along section).
These multiplets and the relocated seismicity seem to highlight two
subparallel south dipping structures (labelled k1 and k2 in Fig. 10)

on a narrow strip (1–2 km wide) near the ZT. Their dip at depth
is about 45◦. These structures are observed from 5 km down to
11 km depth, and therefore must be mature structures. The k1

structure has been activated above the active layer only in 1995,
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Figure 8. Detail of the cross-sections (continued). Stars correspond to large earthquakes as defined in Fig. 5, 2: largest aftershock of 1995 Aigion earthquake
(Ml = 5.2).

after the Aigion earthquake, and beneath the layer over the 2000–
2007 period.

4.2.2 Southern faults: Pirgaki-Mamoussia and Kerinitis

The southern coast of the rift is characterized by the absence of
background seismicity and the presence of several seismic swarms.
Two significant swarms have been recorded during the observa-

tion periods, one in 1991 and one in 2001 (see Fig. 11). In 2001,
a swarm occurred near station AIO (blue dots in Fig. 11), called
the 2001 Agios Ioanis earthquake swarm (Lyon-Caen et al. 2004;
Zahradnik et al. 2004; Pacchiani & Lyon-Caen 2010). The main
shock of this sequence has a local magnitude of 4.3, its focal mech-
anism indicates normal faulting with a strong component of strike
slip. It occurred on a 40◦NW dipping fault, that can be associ-
ated to the Kerinitis Fault (KeF; Pacchiani & Lyon-Caen 2010).
This fault is transverse to the main faults on the south coast, but
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Figure 9. Detail of the cross-sections (continued).

the focal mechanism of the main shock is consistent with the NS
extension.

In 1991, a swarm occurred near stations KOU and TEM (green
dots in Fig. 11). It was observed during the 2 months of the ex-
periment (July and August), an Ml = 4.5 event occurred at the
beginning of the swarm (1991 July 3; Rigo et al. 1996). Keeping
only very well-located events, the seismicity is located between 7.5
and 9.5 km depth and seems to be north dipping (40–45◦) and E–W
striking (see Figs 11 and 8 section a4). The downdip extension of the

swarm is small, therefore it is difficult to assess the true geometry
of the associated structure.

The relationship between these two clusters is further discussed
in Section 6.

4.2.3 AiF and KLF system

The microseismicity clearly outlines the AiF up to 4.5–5 km depth
(Fig. 8, section a4, cluster c5). The dip of the structure is consistent
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Figure 10. (a) Location map of the 1909 Fokis earthquake (Ms = 6.3)
relative to the relocated seismicity (blue: 2000–2007, red: 1995, green:
1991). The dark grey area represents the zone of maximum damage. Black
line corresponds to the intensity VII isoseist from Ambraseys & Jackson
(1990). The star indicates the likely epicentre location of the event, it was
arbitrarily located in the centre of the area of maximum damages. Main
faults are indicated in black. (b) Detail of the cross-section indicated by a
black rectangular box on the map. Two south dipping structures labelled k1

and k2 are indicated, they correspond to possible candidates for the fault at
the origin of the 1909 earthquake. The preferred candidate is the Kalithea
Fault (corresponding to structure k1 and indicated by a black dashed line).

with the one observed at the surface ∼60◦, also constrained by the
1-km-deep AIG10 borehole (Cornet et al. 2004) and consistent with
the geometry of multiplets and their fault plane solutions (Godano
et al., submitted to GGU). The fault is rooting in the dense seismic
layer. The KLF system is not clearly outlined by the seismicity over
the period 2000–2007; a few events (cluster c6 and c7) on section
a6 and section a7 (Fig. 9) may however be associated to the root of
the fault system in the seismically active layer, in which case, the
faults have dips around 50–60◦. Recently, a swarm in 2009 clearly

outlines the root of the KLF system in the active layer indicating
similar dips (Barnoud 2012).

Several structures 1–2 km long are observed below the AiF (Fig. 8
section a4, cluster c10) and below the seismically active layer (Fig. 8
sections a2 and a3 cluster c11, and section a4 cluster c12).

4.2.4 LakF and WHFs

A weak but clear activity can be observed between 4 and 7 km
depth close to the WHF (Fig. 9 section a5 cluster c8). It may be
associated to the WHF, and therefore its dip at depth is about 45◦.
The association with the LafF is less clear, because the seismicity
is sparse: only few events on section a7 (Fig. 9 cluster c9) may
correspond to the root of the LakF in the prolongation of the seismic
active layer.

4.2.5 Offshore western faults

The two major mapped offshore faults are the TrF and MnF. Both are
south dipping faults. None of these faults are clearly observed in the
seismicity, even though they are clearly visible in the bathymetry.
Indeed, the TrF has a 400-m-high fault scarp (Moretti et al. 2003),
and the MnF has a smaller fault scarp, however it is still visible in
the bathymetry. We note that a few events beneath the seismically
active layer (Fig. 8 section a4 cluster c12) define a south dipping
segment aligned with the TrF.

4.3 Eastern zone (ZE)

4.3.1 The EHF, and the 1995 rupture

In this part of the rift, most of the seismicity is located beneath
the northern coast at depths larger than 10 km (Fig. 7 section a1

cluster c3). The seismicity is mainly structured along a shallowly
north dipping plane including multiplets (multiplet cluster m6) with
dips (∼30◦) in agreement with the general slope. This structure
matches very well the Ms = 6.2 1995 Aigion earthquake rupture
plane from Bernard et al. (1997). The 1995 event is the largest
recorded in the rift since the 1981 sequence that occurred at the
eastern edge of the rift (Jackson et al. 1982), and severely damaged
the city of Aigion. A multidisciplinary study (Bernard et al. 1997)
including seismological and geodetic analysis indicates that the
preferred hypocentre is located below the northern coast and that
the rupture started at a depth of 10 km (38◦21.7′N, 22◦12.0′E) on an
EW striking low-angle plane dipping to the north (strike 277◦, dip
33◦, rake −77◦). It was followed by many aftershocks, in particular
one of magnitude Ml = 5.2 (star 2 on Figs 5 and 8 section a4).
Surprisingly, the aftershocks are mainly located in the western part
of the rift, and not especially close to the rupture plane (Fig. 5,
red dots). The aftershocks observed above the main seismically
active layer (Fig. 10) are located close to the plane containing the
1995 rupture area, and shifted to the west. This aftershock zone
is thus expected not to be in the stress shadow of the 1995 event,
hence experiencing a large shear stress increase and small stress
perturbation, consistent with a Coulomb stress increase.

4.3.2 Offshore eastern faults

In this part of the rift, three major offshore faults are mapped:
the North and South Eratini faults and the West Channel Fault
(respectively NEF, SEF and WCF on Fig. 1). All these faults are
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Figure 11. (a) Map of the relocation of the 2001 (blue) and 1991 (green) swarms. Main faults are indicated in black, the two faults which may be associated to
these swarms are indicated in red: Pirkagi Fault (PiF) and Kerinitis Fault (KeF). (b) Detail of the two cross-sections indicated on the map by black rectangular
boxes. The d1 cross-section is perpendicular to the KeF corresponding to the 2001 swarm. The section d2 is perpendicular to the major south dipping faults,
in particular to Pirgaki Fault. (c) 3-D schematic view of the KeF and the PiF, and links to the two swarms: the 2001 swarm (blue) is associated to the KeF and
the 1991 swarm (green) to the PiF.
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well observed in the bathymetry and on seismic profiles (e.g. Bell
et al. 2008, 2009; Taylor et al. 2011). There is no clear evidence
of these faults in the seismicity, except some aftershocks of the
1995 event at 3.5–5 km depth, which may be associated to the
North Eratini Fault (Fig. 7, section a1 cluster c13). A linear structure
dipping 30◦ to the ESE is observed offshore close to stations TEM
and ELE and the ZT (Fig. 7, section a1, cluster c4). This structure is
active over the whole time period 2000–2007, with numerous events
in 2001 and 2002.

5 S PAT I O - T E M P O R A L VA R I AT I O N

In addition to the complexity of the structure described in the previ-
ous section, the space–time distribution of the seismicity also shows
some interesting features. In this section, we present the most rele-
vant results concerning the space–time distribution of the seismicity
and discuss the mechanical implications for the large-scale defor-
mation. An extensive study of the space–time evolution is beyond
the scope of this paper. In order to highlight the spatio-temporal dis-
tribution of the seismicity, we consider four different areas (Fig. 12):

Figure 12. Spatio-temporal evolution of the seismicity. (a) Map presenting
the four areas considered to explore the spatio-temporal evolution. Each
colour corresponds to a different area. The black line corresponds to the
direction of projection of the seismicity, the origin of the distance is indicated
as well as ±10 km. Stations are indicated by black inverted triangles. (b)
Spatio-temporal variations of the seismicity along the projection direction
for the four areas. Three clusters discussed in the text are indicated by black
ellipses and labelled s1–s3, horizontal black lines indicate the start of two
swarm activities discussed in the text.

one around station AIO, to the south, mainly corresponding to the
2001 swarm (red colour), one around station PAN (green colour)
to the northeast, two in the centre of the rift (dark and light blue
colours). We have divided the central part of the rift into two areas,
to take into account the difference of structure of the active layer.
In this analysis, the data from the two temporary experiments are
not included. The distance is calculated along a N120◦E direction
(black line in Fig. 12), and all the events are projected onto this
direction. We have also explored the distribution in a perpendicular
direction, but the space–time evolution is less clear in this direc-
tion, because the reactivation of other areas (not the ones where
the swarms occurred) is characterized by a small number of events
compared to the number of events in the swarms. These results will
not be presented here.

We first note a highly fluctuating seismicity level dominated by
swarms, with some clear WNW–ESE diffusion in the central zone,
at various space–time scales, as already reported by Bourouis &
Cornet (2009). Three major swarms are identified (Fig. 12, clusters
s1–s3): one in 2001 near station AIO, one in 2003–2004 in the central
part of the rift and one in 2006–2007 at the western end of the rift.
These swarms are not mainshock–aftershock sequences: the event
magnitude within these swarms ranges from 0.6 to, respectively,
4.5/3/3.5, the largest events occurring during the swarm activity,
not at the beginning. We will not discuss in detail the diffusion
pattern of these swarms as done in Bourouis & Cornet (2009),
but we will focus on the comparison of the behaviour of the four
identified areas of the rift.

We observe similar seismicity patterns in the four areas, a suc-
cession of seismically quiet and active periods at nearly the same
time in the four areas. When a crisis occurs in an area of the rift, the
three other areas are also slightly activated (increase of the event
numbers), but with some time delay. We have identified two clear
cases (and several others less clear) for which the seismic activ-
ity starts in the centre of the rift and spreads beneath the northern
and the southern coasts. These two cases are underlined in Fig. 12
(horizontal black lines), and detailed in Fig. 13. The first example
occurred in 2001: the activity started in the centre of the rift (dark
blue), then spread to the north with delays of 5.7 and 9.5 d, respec-
tively, for the part including TRZ (light blue) and the one including
PAN (green) and finally to the south with a delay of about 21 d. In
this case, the main part of the activity occurred in the south area.
The second example occurred at the end of 2003 and beginning of
2004: the activity also started in the centre of the rift, then spread
to the north with a delay of 14 d for the green area and finally to
the south with a delay of 62.3 d. The area of the 2001 swarm was
clearly reactivated at the end of 2003 and in 2004, when the swarm
started in the centre of the rift (Figs 12 and 13).

The role of fluids in the observed seismicity pattern has already
been suggested for a few specific cases (Bourouis & Cornet 2009;
Pacchiani & Lyon-Caen 2010). The observations presented here
suggest that fluids may, in large part, control the space–time evo-
lution of the seismicity, through the non-stationary migration of
pore pressure disturbances throughout the rift and a high connec-
tivity between the four areas of the rift. As the delays are sig-
nificantly larger for the southern part around station AIO, this
suggests that this area is less well connected to the central rift
zone than the other two. This may be understandable considering
that this area is separated from the main rift zone by major tec-
tonic structures. The large variation of seismicity rate over time
is an important clue to the mechanical process, as we will see in
the discussion section. The origin of these fluids remains an open
question.
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Figure 13. Details of the spatio-temporal variations for two reactivation
episodes: (a) in 2001, and (b) in the end of 2003 and the beginning of 2004.
Same as Fig. 12 for colours.

6 D I S C U S S I O N

The high-resolution seismicity relocation that we obtained brings
new insights into the seismicity structure at depth, the relationships
with faults observed at the surface and the detailed microstruc-
ture of the seismogenic layer. After the detailed description of the
seismicity structure in previous sections, we summarize here the
observations and discuss their implications in terms of seismic haz-
ard, possible association with the large earthquakes, general rift
structure and mechanical process.

6.1 Seismicity and structure

6.1.1 The ZT

This structure is probably a main structural boundary, as it does not
only delimit the seismicity pattern, but also some geomorphological
structure of the rift. It indeed corresponds to: (1) a northward shift
of the whole western fault system by about 10 km (Figs 1 and 2), at
the transition between the AiF/TrF and the EHF/WCF—South and
North Eratini (SEF, NEF) Fault system, (2) the western boundary of

the 1995 Aigion rupture plane (Bernard et al. (1997), star number
1 in Fig. 5), (3) the transition between the EHF and WHF, and (4)
the presence of the transverse, NNE striking KeF. It also coincides
with the transition between a narrow part of the rift with shallow
bathymetry to the west, to an older, wider and deeper part to the
east. The nature of this structure is not yet known, but it has the
same orientation as the Hellenic nappes (e.g. Jolivet et al. 2010),
and we suggest it may be controlled by inherited structures from
these nappes.

6.1.2 The EHF, and the 1995 and 1861 ruptures

The 1861 December 26 earthquake is known to be related to the EHF
as surface ruptures have been mapped (Schmidt 1881; Mouyaris
et al. 1992). The maximum estimated intensity is IX-X, the on-land
mapped rupture is 13 km long, and the estimated magnitude Mw

= 6.7 (Papazachos & Papazachos 1980; Rigo 1994) considering a
surface rupture of 325 km2 and a mean displacement of 1 m. The
373 BC event (Mouyaris et al. 1992) likely occurred on the EHF as
well. It seems to have larger magnitude than the 1861 one, and may
have reactivated more than one segment with a magnitude probably
closer to 7 (Papazachos & Papazachos 1980).

As already mentioned, the 1995 Aigion earthquake rupture
started below the northern coast at 10 km depth on a low-angle
plane dipping to the north at ∼33◦ (Bernard et al. 1997).

As the seismicity rate is low to the east and no seismicity is
observed above 5 km depth, the relationship between the 1995
rupture (Bernard et al. 1997) and the known normal faults at the
surface is not obvious. This rupture may a priori be linked to one
of the major north dipping faults: the AiF, the EHF or an offshore
fault. Although damage is mainly observed in Aigion city (Bernard
et al. 1997; Lekkas et al. 1998), the rupture is not associated to
the AiF as it did not cross the ZT (Fig. 5). Thus, the rupture must
be associated to the EHF, or to an offshore fault a few kilometres
further north (Figs 14a and b). Seismic and bathymetric studies
(Sachpazi et al. 2003; Bell et al. 2008; Taylor et al. 2011) do not
identify the presence of major offshore faults that may correspond
to the rupture, but as the rupture seems to have stopped or become
significantly less active when reaching 4 km depth, the fault may
possibly enter the thick sediments of the Gulf without reaching the
seafloor. This fault geometry (Fig. 14a) implies a restraining step-
over between the offshore fault and the EHF, where microseismicity
is observed. If we consider a 45–50◦ dipping EHF disconnected from
the rupture of the 1995 event, and possibly rooted down to 13 km
without evidence of microseismic activity, the 1861 rupture would
have occurred on a fault distinct from the one activated in 1995. In
this model, the 1995 rupture is expected to have reduced the stress
on the EHF.

Alternatively, to link the 1995 rupture to the EHF, we have to
consider a smaller dip around 25–27◦ with a change of dip at a
depth of 2–3 km to reach the 45–50◦ dip observed at the surface
(Fig. 14b). Then, the EHF would form a single, major structure
20-km-long downdip, the 1861 having ruptured it entirely, or only
its shallowest part. The 1995 event would then correspond to the
rupture of an asperity on the deeper part of the Helike Fault, and
would have increased the Coulomb stress on its upper part. Any new
constraints on the geometry of the faults at depth is thus critical for
seismic hazard assessment.

Seismological studies (Bernard et al. 1997) excluded very low
dip angles (lower than 25◦), and defined an acceptable dip range
between 25◦ and 35◦, which is consistent with the two competing
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Figure 14. Possible scenarios for the 1995 rupture related to the East Helike
Fault: (a) blind offshore fault, (b) deep part of the East Helike Fault (EHF),
(c) fault geometries proposed by Sorel (2000) and Taylor et al. (2011). The
seismicity is located at the western end of the EHF while the fault geometry
proposed by Taylor et al. (2011) corresponds to its eastern end, however the
location of the EHF onto the section is consistent for the both end of the
fault. See text for detailed discussion. The relocated seismicity is in grey
colour. Faults are indicated in black, the star corresponds to the epicentre of
the Ms = 6.2 1995 Aigion earthquake (Bernard et al. 1997).

schemes (Figs 14a and b). However, the GPS modelling favours the
steepest dip range (30–35◦) to explain coseismic observations on the
southern coast, in particular the ones near Aigion city (Bernard et al.
1997; Briole et al. 2000). Therefore, it favours the blind offshore
fault hypothesis (Fig. 14a). Furthermore, the relocated seismicity
and multiplets located at the root of the 1995 rupture at depths
greater than 10 km have dips around 30◦ (Fig. 7 section a1), which

is also more consistent with the offshore solution. Finally, in the
model where the 1995 rupture would be linked to the deep part of
the EHF (Fig. 14b), the microseismicity would be located mainly
beneath the fault plane, and therefore it would be difficult to in-
terpret it mechanically. Its location within the restraining step-over
between the EHF and an offshore blind fault to the north is thus
more consistent. In summary, although no microseismicity is ob-
served on the 1995 main slip surface, we favour the blind offshore
fault as the candidate for 1995 rupture.

From analyses of field observations, Sorel (2000) proposed a
detachment with a dip of 20◦, onto which EHF would root. This
proposed detachment, when extrapolated further north falls well
above the relocated seismicity and the 1995 hypocentre (Fig. 14c).
Taylor et al. (2011) analysed several seismic profiles recorded off-
shore of the EHF, the relocated seismicity is to compare to their
profile L27 located at the western end of the fault, however it is not
close enough to the southern margin to image the fault, therefore we
use the profile L25 located at the eastern end of the EHF for compar-
ison, although the two profiles show significant differences in basin
architecture. Taylor et al. (2011) proposed a biplanar fault geometry
for the eastern end of the EHF: a dip of 35◦ from the surface down
to about 2.5 km and a dip of 15◦ in its deeper part (Fig. 14c). This
low-angle fault plane seems to have a different depth compared to
the one proposed by Sorel (2000), however it is still above the re-
located seismicity. Although its geometry is inferred from seismic
profiles, the interpretation is questionable, as the reflectors may also
correspond to the sediment/basement interface. The seismicity and
the 1995 event are fundamentally incompatible with slip on such
low-angle detachments.

To conclude, our relocated seismicity favours the scenario rep-
resented in Fig. 14(a), that is, a blind fault distinct from the EHF,
however the other scenario (Fig. 14b) cannot be ruled out.

The relocated seismicity is mainly observed at the root of the
1995 rupture, nearly no seismicity is observed along the rupture
plane before (1991) and after the 1995 event. Some more diffuse
seismicity is located below the proposed 1995 rupture plane at
6–7 km depth (Fig. 7 section a1). The seismicity at the root of the
1995 rupture defines a thin, planar structure, which one may relate
to creep on the deepest part of the same fault. Its interpretation as
the signature of a possible detachment will be discussed later. The
1995 patch is probably locked.

6.1.3 The central rift seismic zone

In the western part of the rift, the seismicity is concentrated in a
seismically active layer at 6 to 10 km depth, with little seismicity
above and below. The layer is flat in the centre of the rift, with a
thickness between 1 and 1.5 km, and contains numerous multiplets
with a wide range of strikes and dips (dips are larger than the dip
of the layer itself), showing the internal complexity of the structure
of this layer. Further to the north, the layer is thinner (0.1–0.3 km),
slightly dipping to the north with a dip of 10–20◦, and contains
well-defined multiplets elongated in the downdip direction with
dips consistent with that of the layer. Moreover, this seismically
active layer has a high variability of internal structure and thickness
along the rift over short distances.

The location of the microseismicity beneath the rift is consistent
with the localization of the largest strain rate deduced from GPS
studies (Briole et al. 2000; Avallone et al. 2004). In addition, the
tomographic results (Latorre et al. 2004; Gautier et al. 2006, 2008)
show high-velocity gradients at 5–7 km depth, interpreted as the
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possible contact between two different units of the Hellenide oro-
genic belt: the Gavrovo–Tripolitza carbonate unit and the Phyllite
series. The seismicity is located within an area characterized by low
VP.VS and high VP/VS at 7–9 km depth, which may be indicators of
a highly fractured medium and presence of fluids. All these obser-
vations are in agreement with the suggested role of fluids inferred
from the spatio-temporal evolution of the microseismicity in the
centre of the rift, with the high variability of multiplet geometries in
the thicker part of the seismically active zone and with the presence
of non-planar multiplets. They also indicate that the observed seis-
micity below the rift more likely corresponds to a layer of diffuse
deformation than to a mature detachment.

6.1.4 Fault activity at depth

The obtained relocation allows a more detailed interpretation of
major fault geometry and activity. The AiF roots into the seismically
active layer at about 6 km depth, with a dip of 60◦. Only its deeper
part has microseismic activity, which may indicate that this part is
creeping while the upper part is locked.

To the south, little seismicity is observed, except the 2001 swarm
associated with the KeF, and the 1991 swarm. As the 1991 swarm is
slightly deeper than the seismically active layer, it probably does not
represent the continuation of the layer to the south (Fig. 8 section
a4). The two other candidates are the KeF and the PiF. The EW
extension of the swarm (5 km long) is not in agreement with the
KeF geometry. The swarm may thus be related to the deeper part
of the PiF. In this case, the PiF intersects the KeF above the 2001
swarm, and may have acted as a barrier for the 2001 swarm slip
(Fig. 11c). Some of the southern faults therefore seem not to be
completely deactivated, but probably have low slip rates due to the
northward migration of fault activities (Goldsworthy & Jackson
2001; Ford et al. 2012) in favour of the AiF and Kamarai–Lambiri
Fault system (KLF). In fact, some seismicity is observed in the
continuation of the active layer to the south, at the root of the WHF,
and less clearly at the root of the LakF. These observations are
consistent with the geological estimates by Pantosti et al. (2004)
and Flotté (2003), who noted that the segment is no longer active
or has extremely low slip rate. It is also consistent with the GPS
observations showing no local deformation at the resolution of the
GPS (10−7; Avallone et al. 2004).

Only few south dipping structures seem to be microseismically
active. Some seismicity outlines two structures under the active
layer (k1 and k2 in Fig. 10), one of which was partially activated
in its upper part in 1995 (aftershocks of the Aigion earthquake).
We suggest that the k1 structure may be associated to the 1909
Fokis earthquake Ms = 6.3 (Ambraseys & Jackson 1990). This
earthquake affected predominantly the northern coast between the
Mornos river and the coast—a sparsely inhabited area—and caused
extensive damage (see dark grey filled area in Fig. 10 identified as
the area of maximum damage). The most probable fault associated
with this earthquake is the Kalithea Fault (KaF) well observed at
the surface, located close to the Kalithea station (KAL; dash black
line in Fig. 10).

The TrF is not associated to any seismicity except below the
active layer. This interpretation is consistent with the idea that the
TrF could be deeply rooting, as it developed as an antithetic fault of
the WHF.

The observed alignment in the ZE (Figs 6 and 7 cluster c4)
corresponds to the intersection at depth of the EHF and the WCF.
Considering their known dips at surface—45–50◦ for EHF and 45–

60◦ for WCF (we will take 50◦ for both faults for computation)—and
assuming that the dip does not change with depth, the intersection of
the two faults should occur at about 5.7 km depth. This is consistent
with the depth of the alignment. The slight eastward dip of this
structure then suggests that both faults have slightly different strikes
at depth. The WCF (1.5 Myr old) seems to have a low activity since
0.4 Myr (Bell et al. 2008), and may have been totally or partially
deactivated due to the migration of the activity towards the north in
favour of the SEF (0.5 Myr old). The EHF (0.7–1.1 Myr old) may
have cut-off the WCF, and contributed to its deactivation. Some
stress heterogeneities may be present at the intersection, which may
explain the observed aligned seismicity.

For all the major faults observed at the surface or imaged in the
bathymetric/seismic studies, an open question arises about whether
these faults root in the seismically active layer or deeper in the
crust. This has critical implications in terms of seismic hazard and
maximum expected magnitude for events on these structures. As
shown by the seismicity, the TrF, PiF and KaF seem to reach deeper
than the active layer, but there is no evidence for the other faults.

6.2 Mechanical model

In the following, we show that some of the main results of the present
work on the space–time distribution of microseismicity, when in-
terpreted jointly with the results from 10 yr of continuous GPS
measurements (http://crlab.eu), can lead to an alternative interpre-
tation of the tectonic loading process of the active faults in this part
of the Corinth Rift.

The standard model introduced by Rigo et al. (1996) is that the
north dipping normal faults root within a low-dip angle, active
detachment, subject to a stationary slip rate down to mid-crustal
depths. Note that the slip on this detachment represents the inte-
grated effect of the shear strain within the volume of the detach-
ment layer. From the microseismic locations, in the central rift,
this shear strain would be concentrated in a layer 1–2 km thick;
further north and downdip, it may be 1 km or less; deeper than
12–15 km, it is silent and hence unresolved. Based on this, a kine-
matic model with uniform slip on the detachment is proposed by
Briole et al. (2000) to fit the uniform velocities of the northern
GPS points (sketch in model A in Fig. 15). However, a simple 2-D
mechanical model (sketch in model B of Fig. 15) with stationary
displacement rates at the northern and southern vertical boundaries
of the model, and a stationary effective static friction coefficient on
the surface representing the detachment, would produce slip values
increasing towards the north—similar to crack models when moving
away from the crack tip—and consequently would produce increas-
ing velocities towards north within the northern crustal block. As
this is not observed, model B is inadequate. Thus, a mechanical
interpretation of model A implies a non-stationary effective fric-
tion of the detachment: one may propose that increasing damage in
the microseismic layer, compatible with the many small-scale fault
segments evidenced in our analysis, is responsible for an ongoing,
effective weakening in the updip part of the detachment. In other
word, this part of the detachment would be in a state of unstable
failure, as it would release more strain per unit of time than what
can be accumulated from the steady opening.

A direct consequence of model A is that the strain rate within the
microseismic layer controls the surface velocity vectors at the GPS
points on the northern coast. Thus, the evidence of constant GPS
velocities for the last decade, with relative variations of less than
50 per cent at timescales greater than 6 months (see GPSCOPE

http://crlab.eu
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Figure 15. Proposed mechanical models to explain seismic and geodetic
observations: (A) model with uniform slip on the detachment, (B) model
with stationary displacement rates at the northern and southern vertical
boundaries and a stationary effective static friction coefficient on the de-
tachment and (C) model with an non-elastic opening below the rift axis.
Green arrows are the horizontal velocity inferred from GPS. Black lines
correspond to main faults. See detailed discussion of these models in the
text.

web site), implies constant strain rates with similarly small rela-
tive variations. This is in contradiction with the large fluctuations
of the seismicity rate, which can vary by a factor of 10 (1000
per cent), as reported above, if we assume the classical assump-
tion of a proportionality between strain rate and seismicity rate

(e.g. Perfettini & Avouac 2004). Note that model B faces the same
difficulty.

We therefore propose an alternative mechanical model (model C
in Fig. 15): the opening of the western part of the rift would result
from an hypothetical non-elastic opening below the rift axis. This
horizontal stretching of the rift, below 8–10 km in depth, at about
10 mm yr−1, would result from a lower effective viscosity or plas-
ticity threshold, possibly due to the presence of fluids rising from
the subducting slab, 50 km below, and would contribute to most
of the opening rate measured at the surface from GPS. The mea-
sured stability of the surface velocities would thus simply reflect
the stability of this opening strain rate at depth. In this model, the
microseismic layer would represent the early stage of a detachment,
growing downdip at a low angle towards the north, increasing in
size at each major earthquake on its deepest part (like the 1995
event), leading in particular to the planar microseismicity structure
in the continuation of the 1995 rupture area. The strong fluctuation
of microseismicity would then be associated to rather small strain
rate changes, undetected by the cGPS, as is suggested from local
borehole dilatometer records (Canitano 2011). They could result
from a non-linear response to the forcing steady strain from under-
neath, or could be triggered by non-stationary upward migration of
fluid pulses from the middle crust. The fact that the perturbations
of microseismicity seem to propagate from the centre of the rift
outwards (see paragraph 4) is consistent with such a view. Also, the
clear active structures imaged below the detachment (see sections
a2–a4 in Fig. 8) could be the signature of significant strain at these
depths, favoured by model C.

For model C, in order to discuss the possible origin of this anelas-
tic body in the deep central part, we first note that the internal forces
within this body are not the driver of the rifting; the latter is mostly
related to remote horizontal velocities of the elastic crust, to the
north and to the south, as is assumed in most mechanical models
for rifting (e.g. Pourhiet et al. 2003; Cianetti et al. 2008). This
non-elastic body however influences the spatial distribution of the
interseismic elastic strain in the rift, concentrating it upwards, thus
explaining the strong NS gradient in GPS interseismic velocities. In
that sense, at the surface, it acts similarly to the competing model of
detachment (model B), for which the anelastic contribution comes
from the slip on the detachment itself, leading to the same elastic
strain concentration at its tip. Both models thus predict deficit in
the released seismic moment of the rifting, if the latter is estimated
using a standard, thick elastic crust (15 or 20 km) (Ambraseys &
Jackson 1990; Clarke et al. 1997). We also note that the anelas-
tic volume proposed in model C may keep an important elastic
bulk, thus remaining in extension though with a smaller rate than
above it, which could explain our observation of the deepest seis-
micity. The effective rheology of this microseismic layer may be
due to low viscosity or plasticity, arising from high temperatures
or specific rock composition, but may also result from the collec-
tive behaviour of an intensely fractured rock mass as suggested by
the few deep microseismic structures of kilometric size (Fig. 8,
clusters c11 and c12 in sections a2–a4) possibly including near ver-
tical faults and dykes with a significant opening component. Such
fracturing and/or high temperatures may in particular arise from
the effect of overpressurized fluids rising from the deeper crust.
Following Bourouis & Cornet (2009), we propose that the sub-
ducting plate, 50 km beneath the western rift, may contribute to
the fluid source through dehydration and serpentinization processes
(Pearce et al. 2012), or as the subducted plate is old, the thick
pile of sediments subducted with the plate may also be a source of
fluids.
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In conclusion, although we cannot rule out a major, low-angle
detachment controlling the opening of the rift (model A), we show
that an alternative model (C) with a centred, mode I-type opening of
the rift might be plausible as well, and provides more consistent ex-
planations for the space-time characteristics of the microseismicity
reported in this paper. Further work with refined and new data anal-
ysis, as well as numerical mechanical modelling, such as the work
recently initiated by Arem et al. (2012), are needed to better cross-
evaluate the predictions of these two competing models, which have
important consequences for a proper evaluation of long-term and
time-dependent seismic hazard of this part of the rift.

7 C O N C LU S I O N

Thanks to the high-precision relocation of seismicity, we have ob-
tained a more detailed picture of the relationship between the seis-
micity at depth and the active faults at the surface. The AiF, the
WHF, the LakF and the KLF system root in the seismically ac-
tive layer at 6–8 km depth, with dips at depth similar to the ones
observed at the surface. The WHF and LakF are not completely
deactivated despite the northward migration of the fault system in
favour of the younger Aigion–Kamarai-Lambiri Fault system, but
they have probably a low slip rate. The KeF and the PiF are under-
lined, respectively, by the 2001 and 1991 swarms down to 7.5–8 and
8–9 km. The high precision relocation of the seismicity highlights,
for the first time, some of the south dipping faults, bringing some
constrains on their geometry at depth and their dips. The root of the
TrF is probably observed under the seismically active layer with a
dip of 60◦, and the KaF has a dip of 45◦ in its deeper part.

We also obtain a more precise picture of the structure of the ac-
tive seismic layer under the rift. Its shallow part is nearly horizontal,
1–1.5 km thick and contains multiplets with a high variability of
geometries and higher dips than the layer itself; its deeper part is
thinner (0.1–0.3 km), and contains well-organized multiplets with
dips similar to the dip of the layer. The seismically active layer
also has a high lateral variability of thickness and internal mi-
crostructures over short distances. This, together with the presence
of seismic structures under the active layer, allows us to reject its
interpretation as a major, mature detachment zone.

Combining information from GPS data and from the seismicity
analysed in this study, we propose a new mechanical interpretation
of the rifting process in the western part of the rift. The opening
of the western rift would result from a non-elastic uniform defor-
mation at depth under the rift axis, which would contribute most of
the opening rate measured from GPS at the surface. The reported
seismicity fluctuation would result from small strain rate changes,
undetectable by the GPS, which could be triggered by the non-
stationary migration of fluid pulses. The seismic layer dipping to
the north would then represent an early stage of development of a
detachment, not yet connected to the ductile middle crust, with an
as-yet minor contribution to the rift opening.

This seismicity analysis also contributes to the knowledge of
seismic hazard in the western part of the rift. The possibility of
large slip in the central zone is unlikely, as the seismically active
layer is not well structured. The understanding of the geometry of
the EHF at depth, and of its link to the 1995 rupture is crucial for the
seismic hazard in the area, as the 1995 rupture may have increased
or decreased the Coulomb stress in the upper part of the EHF
depending on various hypotheses. The seismicity analysis and the
GPS data associated with the 1995 rupture favour the case in which
the rupture decreased the Coulomb stress on the EHF, corresponding

to its occurrence along a fault distinct from the EHF. However, the
other case cannot as yet be ruled out. As the WHF and LaF are not
completely deactivited, but have probably low slip rate, a question
arises concerning the seismic hazard associated to these faults. The
south dipping Trizonia and Kalithea faults, highlighted in this study,
are major structures: the 1909 earthquake possibly occurred on the
Kalithea Fault, and the TrF might have a reduced potency for large
ruptures. The understanding of their seismic potential is critical to
the knowledge of the seismic hazard in the western part of the rift.
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A P P E N D I X A : M U LT I P L E T D E TA I L E D I N F O R M AT I O N

Table A1. Characteristics and geometry of the biggest multiplets: identification number of the multiplet (Id), number of events in the multiplets, date
of the first and last events of the multiplet, mean location of the multiplet (latitude, longitude and depth), ellipse parameters (strike, dip, major and
minor lengths: a1 and a2).

Id nb events Begin End Lat (◦) Lon (◦) Depth (km) str (◦) dip (◦) a1 (km) a2 (km)

19 40 2000/06/29 2000/07/11 38.35719 22.12836 8.950 127 ± 0 61 ± 1 0.429 ± 2 0.268 ± 1
1253 9 2001/09/21 2007/04/02 38.35290 22.06630 8.096 346 ± 0 35 ± 1 0.441 ± 2 0.023 ± 1
1767 11 2001/11/02 2007/04/12 38.35229 22.24435 9.860 133 ± 0 23 ± 0 0.271 ± 1 0.089 ± 0
18445 15 2006/08/11 2007/05/27 38.33185 22.06115 7.047 293 ± 0 20 ± 0 0.282 ± 1 0.159 ± 1
2122 16 2001/12/29 2003/07/04 38.34422 22.03928 7.791 185 ± 71 17 ± 3 0.167 ± 30 0.133 ± 23
2423 49 2002/02/19 2007/04/26 38.37473 22.20617 10.475 330 ± 0 40 ± 0 1.303 ± 0 0.597 ± 0
2653 52 2002/03/29 2006/06/21 38.35514 22.15037 8.653 320 ± 18 37 ± 6 0.559 ± 21 0.143 ± 7
2877 39 2001/06/28 2006/12/02 38.35684 22.06999 8.179 304 ± 15 21 ± 11 1.039 ± 18 0.290 ± 12
3061 15 2002/08/05 2007/02/22 38.37292 22.03228 8.057 293 ± 26 20 ± 12 0.603 ± 30 0.143 ± 11
3147 27 2002/08/31 2007/07/24 38.35804 22.02894 8.393 266 ± 53 24 ± 10 1.179 ± 98 0.568 ± 21
3715 27 2002/06/30 2007/06/18 38.37466 22.23408 10.003 311 ± 12 19 ± 12 0.660 ± 13 0.269 ± 8
3803 15 2001/05/20 2004/07/26 38.33893 22.05582 7.586 269 ± 70 24 ± 12 1.037 ± 86 0.159 ± 11
3911 30 2003/12/27 2004/01/23 38.29883 22.09572 7.247 282 ± 30 45 ± 11 0.286 ± 20 0.103 ± 23
3917 21 2003/12/27 2004/03/09 38.29392 22.11025 6.077 311 ± 30 27 ± 19 0.299 ± 23 0.097 ± 12
4049 21 2002/03/23 2006/08/10 38.37488 22.15533 9.562 298 ± 27 32 ± 15 0.313 ± 15 0.273 ± 18
4416 23 2004/02/24 2004/04/01 38.30766 22.08154 7.138 231 ± 78 23 ± 19 0.507 ± 74 0.140 ± 23
4432 28 2004/01/29 2005/11/19 38.30814 22.08087 7.168 282 ± 42 38 ± 13 0.856 ± 31 0.226 ± 14
4493 15 2002/11/10 2007/01/25 38.30912 22.08328 7.614 245 ± 69 36 ± 12 0.288 ± 25 0.122 ± 12
4572 25 2004/03/11 2004/06/08 38.30905 22.05852 7.382 273 ± 44 40 ± 14 0.628 ± 11 0.143 ± 12
4605 26 2002/09/26 2004/04/06 38.30521 22.10001 6.870 265 ± 48 22 ± 20 0.432 ± 17 0.164 ± 12
4652 27 2004/09/05 2007/01/12 38.31680 22.07295 7.036 261 ± 53 25 ± 20 1.026 ± 28 0.469 ± 15
4693 15 2002/06/22 2005/10/25 38.28373 22.08658 5.599 280 ± 44 34 ± 17 0.315 ± 9 0.184 ± 18
4761 17 2004/04/10 2004/06/02 38.31186 22.03977 7.201 278 ± 43 34 ± 14 0.748 ± 25 0.313 ± 15
4961 16 2002/09/09 2007/01/08 38.41550 21.96045 9.021 264 ± 76 33 ± 15 0.557 ± 70 0.199 ± 34
5257 29 2007/01/07 2007/01/16 38.37909 22.03074 6.884 222 ± 83 36 ± 9 0.950 ± 82 0.265 ± 11
5278 26 2007/01/09 2007/02/11 38.31028 22.09139 7.419 303 ± 19 34 ± 9 0.411 ± 8 0.183 ± 5
573 18 2001/06/11 2007/02/20 38.36816 22.20335 10.199 310 ± 22 36 ± 9 0.724 ± 12 0.272 ± 6
630 11 2001/04/14 2002/11/18 38.30221 22.15344 7.578 300 ± 29 35 ± 9 0.638 ± 14 0.233 ± 10
724 20 2000/06/20 2004/07/28 38.33593 22.10491 7.983 289 ± 32 30 ± 12 0.380 ± 8 0.147 ± 7
853 21 2001/10/20 2007/02/20 38.40795 22.06650 9.882 302 ± 19 31 ± 10 0.921 ± 13 0.113 ± 9
866 58 2001/06/01 2007/06/21 38.33197 22.15463 7.886 275 ± 0 17 ± 0 0.681 ± 1 0.241 ± 0
891 13 2001/08/03 2007/04/04 38.30182 22.14909 7.013 247 ± 56 16 ± 3 0.778 ± 32 0.156 ± 12
903 28 2001/08/05 2007/05/18 38.38026 22.01601 8.198 231 ± 52 10 ± 8 1.589 ± 35 0.489 ± 17
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A P P E N D I X B : R E L AT I V E E R RO R S

Figure B1. Map representing the relative relocation errors taking into ac-
count errors due to neighbouring events, station coverage and uncertainties
on the traveltime differences. The errors were computed applying a statis-
tical resampling method using bootstrap technique. Errors are represented:
(a) in the x-direction, (b) in the y-direction and (c) in depth. Errors are in-
dicated in metres. Each coloured circle corresponds to a relocated events.
The relative errors are smaller in the centre of the rift where the density of
events and the quantity of cross-correlation data is high, and larger to the
west where the network coverage is not good.

A P P E N D I X C : I N I T I A L L O C AT I O N S

Figure C1. (a) Map of the initial location of seismicity (blue: 2000–2007,
red: 1995 and green: 1991). Initial location were computed using hypo71
(Lee & Lahr 1972), with the 1-D model of Rigo et al. (1996), and a Vp/Vs

ratio of 1.80. Main faults are indicated in black. (b) Detail of the cross-
section a5 indicated by a black rectangular box on the map. Black bold
lines indicate either the major onshore and offshore faults. Light blue lines
represent the offshore part of the rift. The seismicity is diffused.


